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Abbreviations 

Θ  : Potential Temperature 

σθ  : Water Density 

‰  : per mill 

δ13C  : Isotopic composition of carbon with respect to VPDB 

δ15N  : Isotopic composition of Nitrogen with respect to Air N2 

δ18O  : Isotopic composition of oxygen with respect to (VPDB, VSMOW) 

δD  : isotopic composition of hydrogen with respect to VSMOW 

AMS  : Accelerator Mass Spectrometer 

AS  : Arabian Sea 

ASHSW : Arabian Sea High Saline Water mass 

BOB  : Bay of Bengal 

BoBW  : Bay of Bengal Water mass 

C  : Carbon 

CI  : Central India 

CTD  : Conductivity Temperature Depth 

D  : Deuterium 

DIC  : Dissolved Inorganic Carbon 

DO  : Dansgaard Oeschger 

E  : Evaporation 

EA  : Elemental Analyzer 

EICC  : East India Coastal Current 

ENSO  : El-Niño Southern Oscillation 

GC  : Gas Chromatograph 

GCM  : General Circulation Model 

GMWL : Global Meteoric Water Line 

GNIP  : Global Network of Isotopes in Precipitation 

GPCP  : Global Precipitation Climatology Project 

H  : Hydrogen 

HE  : Heinrich Event 

IAEA  : International Atomic Energy Agency 

IAPSO  : International Association for the Physical Sciences of the Oceans 

IOD  : Indian Ocean Dipole 

IRMS  : Isotope Ratio Mass Spectrometer 

ISM  : Indian Summer Monsoon 

ITCZ  : Inter Tropical Convergence Zone 

LGM  : Last Glacial Maxima 
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LMWL : Local Meteoric Water Line 

MIS  : Marine Isotopic Stage 

MJO  : Madden Julian Oscillation 

MLD  : Mixed Layer Depth 

MMB  : Makrana Marble 

N  : Nitrogen 

NARM : Narmada water 

NEI  : North East India 

O  : Oxygen 

OMZ  : Oxygen Minimum Zone 

P  : Precipitation 

PDO  : Pacific Decadal Oscillation 

PRL  : Physical Research Laboratory 

PSGW  : Persian Gulf Water mass 

R  : Runoff 

RSW  : Red Sea Water mass 

S  : Salinity 

SC  : Somalia Current 

SEAS  : South Eastern Arabian Sea 

SST  : Sea Surface Temperature 

SLAP  : Southern Light Antarctic Precipitation 

SWING : Stable Water Isotope Intercomparison Group 

TD  : Thermocline Depth 

TRMM : Tropical Rainfall Measuring Mission 

VPDB  : Vienna Pee Dee Belemnite 

VSMOW : Vienna Standard Mean Ocean Water 

WICC  : West India Coastal Current 

WICO  : Inter-laboratory comparison exercise for δ2H and δ18O analysis 

  of water samples 

WMC  : Winter Monsoon Current 

WMO  : World Meteorological Organization 
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Abstract 

Stable isotopes of oxygen, carbon, and hydrogen are used as a tool to study modern 

seawater hydrological dynamics (effect of runoff and large-scale ocean mixing) and to 

reconstruct past climate from ocean sediment cores. Significant variations in the Indian 

monsoon (IM),  at intra-seasonal, annual, centennial to millennial time scales, are 

observed due to changes in the inter-hemispheric (northern and southern) dynamics, 

ice sheet extensions (glacial and interglacial) and short term climate processes. This 

thesis reports results on oceanic changes based on measurements of stable isotopic 

composition (δ18O, δD) carried out on modern seawater samples and inferences on IM 

from three sediment cores (δ18O, δ13Corg, δ
15N, over the last ~70 ka) raised from the 

northern Indian Ocean (NIO).   

Isotopic compositions (δ18O and δD) of surface seawater samples from NIO show 

significant spatial and temporal variability. Seasonal variability in the δ18O-S relation 

(slope and intercept) of surface waters of the NIO are observed with stronger δ18O-S 

and δD-δ18O relations during the winter than the spring time. During winter time, the 

dominance of runoff effects on the δ18O-S association is found. Substantial changes in 

the slope and intercept of δ18O-S relation for subsurface waters could be a characteristic 

of water mass dynamics in NIO. Reanalysis of large volume of recently published 

results on salinity and δ18O measurements on surface seawater suggests that variation 

in the δ18O of the Eastern Arabian Sea is mainly controlled by the influx of low salinity 

water from relatively fresher Bay of Bengal through winter time boundary currents.  

Based on the sedimentary records from NIO, significantly strong and weak monsoon 

periods associated with the global climatic events during the last ~ 70 ka were observed. 

Record from the Andaman Sea sediment core shows an abrupt decrease in the ISM 

during the mid-Holocene (7-4.5 ka). During the Last Glacial Maximum, the Andaman 

Sea salinity was 2 (psu) higher than the early Holocene. δ18O analysis of mixed habitat 

planktonic foraminifera species shows significant variation in the stratification over the 

NIO during last ~ 70 ka. In contrary to the earlier inferences, the present work based 

on a compilation of high-resolution δ18O foraminifera records from the eastern Arabian 
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Sea provides evidence that the south Asian summer monsoon steadily declined during 

the Holocene. Abrupt variation in the δ18O values of G. ruber in response to short term 

climatic events were observed: with warm (cold) Dansgaard-Oeschger (Heinrich) 

events associated with relatively stronger (weaker) monsoon periods. The bulk 

sediment analysis for δ15N, δ13Corg, and N & Corg (wt %) infers a substantial variation 

in the productivity over the western Bay of Bengal, associated with the variability in 

the upper ocean stratification during the last ~ 16 ka. 

El-Niño Southern Oscillation (ENSO) is known to have affected IM: most of the severe 

droughts in India are associated with active ENSO periods. Given the heterogeneity in 

rainfall patterns over India, the ENSO influence on Indian summer monsoon has been 

revisited. During strong El-Niño events, the multiple isotopic (proxy-based) and 

satellite data set show a weaker summer monsoon over central India (CI) and relatively 

stronger summer monsoon over northeast India (NEI). The general circulation model 

derived δ18Orain variation over the CI during ENSO events mimic the weaker rainfall 

conditions. Since these observations were unprecedented and counterintuitive,  further 

verification from paleo-proxy records (speleothem cave deposits) showed a similar 

dipole nature of rainfall patterns over CI and NEI during ENSO periods, confirming 

observed ENSO’s role on rainfall. Both instrumental and paleoclimate proxy records 

showed a decadal variability in the ISM concurred with variation in the El-Niño 

strengths. Armed with this new “calibration” of δ18Orain and ENSO, we infer that the 

high-resolution speleothem records from CI an NEI based stronger (weaker) rainfall 

conditions over CI (NEI) during 1625 – 1715 AD, represents an absence of long term 

El-Niño or stronger La-Niña like conditions over the central Pacific Ocean. 

Keywords: Indian Summer Monsoon, Stable isotopes, ENSO, LGM, Ocean 

stratification, Foraminifera, Deep-sea sediment, Speleothem, Bay of Bengal, Arabian 

Sea.  

 

 



6 | P a g e  

 

 

 

 

 

 

 

 

 

 

 

Chapter-1  

Introduction 

  



7 | P a g e  

 

 

 

 

 

 

 

Introduction 

 

 

 

 

 

 

 

Seasonal reversal of the wind system (monsoon) is an essential process that occurs over 

the Indian subcontinent and is known to play a crucial role in the modern climate. The 

economic and societal conditions of India depend primarily on the crop yield, which in 

turn is decided by the variability in monsoon rainfall. The Indian subcontinent is 

separated by the rest of Asia by the Himalayan ranges from the north and surrounded 

by the three seawater bodies viz. the Arabian Sea (west), the equatorial Indian Ocean 

(south) and Bay of Bengal (east; Figure 1.1). 

Instrumental based data and historical records show that strength of the monsoon was 

not constant throughout: sever water deficiency and catastrophic excess rainfall 

conditions were observed in the subcontinent, several times in the recent past (Gadgil 

and Gadgil, 2006; Guhathakurta and Rajeevan, 2008; Krishna Kumar et al., 2004; 

Kumar et al., 2013; Mallya et al., 2016; Prasanna, 2014). These strong fluctuations 

(stronger and weaker monsoon) severely affected the economic conditions, therefore, 

it is necessary to understand its significant variability, at spatio-temporal scales, to 

address the possible future scenario in the era of the global climate change (Ghosh et 
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al., 2016; Kumar et al., 2013; Patnaik et al., 2012; Wang et al., 2005a, 2012). Proxy 

data (preserved signatures of the environment that can be directly measured) from 

natural archives can be used to reconstruct past monsoon variability over the Indian 

subcontinent (Black et al., 2007; Emiliani, 1955; Sarkar et al., 1990; Shackleton, 1967; 

Yadava and Ramesh, 2005; Zachos et al., 2001).  

Stable isotopic composition of water molecules (i.e., ratio of abundances of 18O to 16O 

and 2H to 1H) in rainwater, atmospheric moisture and seawater can be used to 

characterise sources of moisture and understand hydrological cycle of the modern 

climate (Clark and Fritz, 2013; Dansgaard, 1964; Gat, 1996; Rozanski et al., 1993, 

1992; Rozanski and Sonntag, 1982; Yang et al., 2016). Various processes affecting 

isotopic ratios in the natural archives, so far, are very well-identified; protocols for 

retrieving past climate signatures and analytical methods are also largely established.  

 

Figure 1.1: The northern Indian Ocean comprises of the Arabian Sea, Bay of Bengal, and the 

Andaman Sea. Lines (white) over the Indian subcontinent represent the major river systems. 
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1.1.Indian Summer Monsoon (ISM) and its mechanism 

Uneven distribution of landmass and sea in the Indian Ocean region (northward 

bounded by land and southward open ocean) causes intense differential heating of land 

and ocean, producing significant temperature gradient compared to the other oceans 

(Gadgil, 2007; Gadgil and Gadgil, 2006; Rao et al., 2005). This happens due to 

different specific heat capacities of land and ocean; heating and cooling of the land is 

faster than the ocean. In summer, the land gets heated quicker and more than the ocean; 

however, this behavior reverses in winter (O’Hare 1997; Byrne and O’gorman 2013). 

During summer, this differential heating of land and ocean creates a low-pressure 

system over the Indian subcontinent and high-pressure condition over the ocean 

(Gadgil, 2007; Gadgil and Gadgil, 2006; O’HARE, 1997; Sarkar et al., 1990). This 

pressure gradient causes movement of winds from the high-pressure (ocean) to the low-

pressure areas (land). The northward and southward migration of the intertropical 

convergence zone (ITCZ) is associated with the apparent seasonal position of the Sun 

over a latitude (Figure 1.2), which is believed to contribute to the varying seasonal 

rainfall over the Indian subcontinent (Gadgil, 2007; Gadgil and Gadgil, 2006). ITCZ is 

a low-pressure zone where the surface trade winds from both the hemispheres 

convergence and are usually associated with the formation of deep convecting clouds 

and substantial rainfall. This seasonal reversal of wind patterns and transport of 

massive amounts of moisture from the Indian Ocean causes heavy rainfall over the 

Indian subcontinent (Krishnamurthy and Ajayamohan, 2010; Krishnan et al., 2003; 

Mooley and Shukla, 1989; Sikka, 1978). Average rainfall over India for 1901-2013 is 

900 ± 90 mm (Dwivedi et al., 2019; Saikranthi et al., 2017). During Indian summer  

(June, July, August, and September-JJAS), the ITCZ is located north of the equator; 

the south-easterly trade winds cross the equator; after changing its direction, these are 

identified as south-westerlies and hence southwest monsoon (SW monsoon or summer 

monsoon; Figure 1.3a). These winds bring enormous moisture, from the southern 

Indian Ocean and the Arabian Sea to the Indian subcontinent (Kishtawal et al. 1991; 

O’Hare 1997; Krishnamurthy and Kinter 2003; Murtugudde and Annamalai 2004; 
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Gadgil 2007). The onset of monsoon over the Indian subcontinent takes place during 

late May to early June over Kerala. During the summer monsoon, 80% of the annual 

rainfall is received over the Indian plains (Maximum over Kerala, Western Ghats and 

Northeast India including Myanmar, Bangladesh, and adjoining landmasses; Bollasina 

2014).  

 

Figure 1.2: Schematic of the mean position of ITCZ during the northern hemisphere summer 

(July) and winter (January). The red line shows the northernmost location of ITCZ during the 

northern hemisphere summer, and the blue line indicates the southernmost limit of ITCZ 

position during the southern hemisphere summer. Source: adapted from Tarbuck and Lutgens 

(1979). 

Once the ITCZ reaches its northern limit (maximum position in the northern 

hemisphere, Figure 1.2), it starts moving southward; winds change its direction to 

become north-easterlies and onset of the northeast monsoon (NE monsoon or winter 

monsoon; December, January, February-DJF) takes place (Figure 1.3b). The cold and 

dry northeast monsoon winds  are mostly confined to the land regions  (Galvin, 2008; 

Prasanna Kumar et al., 2004a; Tiwari et al., 2011). However, some part of the northeast 

winds carry the moisture from the Bay of Bengal and causes a significant amount of 

rainfall over the southern India peninsular regions (Tamil Nadu, southern Andhra 

Pradesh, Pondicherry; Kripalani and Kumar 2004; Rajeevan et al. 2012). The periods 

of transition of the winds from southwest to northeast and vice-versa are called the pre- 
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(March April, and May: MAM) and post- (October and November: ON) monsoon, 

respectively. During this pre- and post-monsoon periods, winds are calm, and almost 

no rainfall is observed in major parts of the Indian subcontinent. However, during the 

pre-monsoon (MAM) periods, northwest India experiences a significant amount of rain 

due to the western disturbance (Chand and Singh, 2015; Pisharoty and Desai, 1956). 

Similarly, during the post-monsoon (ON) periods, conditions over the Bay of Bengal 

favors the formation of the Tropical Cyclones (Girishkumar and Ravichandran, 2012a).  

The Indian subcontinent has several major river systems (Figure 1.1). The source of 

water for these is rainfall (summer monsoon) and ice-melt (Himalayan glaciers). An 

enormous amount of rainfall during the SW monsoon finally debouches into the Indian 

Ocean through numerous river systems as freshwater (Figure 1.1). This freshwater is 

transported and distributed in the northern Indian Ocean through the surface ocean 

boundary current systems. Since freshwater input is modulated by the land-based 

processes (rainfall variation), this makes the Indian Ocean a vast archive of terrestrial 

paleo-environment:  primarily the rainfall amount. However, it will be sensitive to the 

average rainfall variation over the Indian subcontinent rather than the regional rainfall 

conditions. 

  

Figure 1.3: Seasonal reversal of surface atmospheric winds (at 925 mbar height) over the 

Indian subcontinent and adjoining oceans: a) during the summer monsoon winds, i.e., 

southwest monsoon b) during the winter monsoon winds, i.e., northeast monsoon. The blue 
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dashed horizontal line (at 0ºN) shows the equator. Source:  Kalnay et al., 1996. (redrawn using 

data from http://apdrc.soest.hawaii.edu/las/v6/dataset?catitem=12819) 

1.2. Indian Ocean Setting 

The Indian Ocean is the third largest ocean after the Pacific Ocean and the Atlantic 

Ocean, with a spatial distribution of 68,556,000 km2, an average depth of ~ 4 km, and 

bounded between 80ºS-25ºN and 40ºE-100ºE. It is landlocked from the northern side  

with the open ocean in the southern front; this allows maximum penetration of the 

northward moving ITCZ up to 30ºN and southward movement up to 20ºS (Gadgil 2007; 

due to differential heating capacity of land-sea). The northern Indian Ocean, i.e., north 

of the equator, is divided into two parts viz. the Arabian Sea (AS) and the Bay of Bengal 

(BoB, Figure 1.1). Even though both (AS and BoB) the ocean water bodies are located 

in the same latitudinal region, they have different characteristics. The seasonal reversal 

of wind affects oceanic conditions significantly in the northern Indian Ocean than the 

southern Indian Ocean. These seasonal reversal winds induce the surface ocean 

boundary currents in the northern Indian Ocean, which change their directions from 

clockwise during the SW monsoon and anti-clockwise during the NE monsoon (Figure 

1.4). During the SW monsoon the Eastern boundary current in the eastern Arabian Sea, 

i.e., West India Coastal Current (WICC) moves from north to equatorward and joins 

the western boundary current in BoB, i.e., East Indian Coastal Current (EICC) that runs 

from equatorward to northward direction, and reverses during NE monsoon (Schott and 

McCreary Jr, 2001a; Vinayachandran and Kurian, 2008; Wyrtki, 1973). These 

directional changes in surface boundary currents play a very significant role in the 

northern Indian Oceanic system by transporting surface seawater (having different 

characteristics) from the AS to BoB and vice versa (Figure 1.4).  

http://apdrc.soest.hawaii.edu/las/v6/dataset?catitem=12819
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Figure 1.4: Surface ocean current systems (seasonal reversal) over the northern Indian Ocean 

during summer and winter monsoon. SC: Somalia Current; WICC: West India Coastal Current; 

EICC: East India Coastal Current; SMC: Summer Monsoon Current; WMC: Winter Monsoon 

Current; EACC: East African Coastal Current, ECC: Equatorial Counter Current. The arrow 

shows the direction of the currents during the respective seasons (Source: Wyrtki 1973; Schott 

and McCreary Jr 2001). Blue patch over Somalia coast represents the intense upwelling region 

during the summer monsoon, and the purple patch over the northern Arabian Sea represents 

the convecting mixing region during winter. 

The Arabian Sea: The western part of the northern Indian Ocean, is affected by the 

strong south-westerly winds during the SW monsoon causing an intense wind-induced 

Ekman pumping, i.e., upwelling over the Somalia coast (blue patch in Figure 1.4; 

summer monsoon; Smith and Codispoti 1980; Madhupratap et al. 1996; McCreary Jr 

et al. 1996; Schott and McCreary Jr 2001; Goes et al. 2005). Upwelling is the 

movement of cold and nutrient-rich water from the subsurface to the surface; it 

increases the primary production over the Somalia coast. Similarly, during the NE 

monsoon, as winds are dry and cold when they pass over the northern AS, it enhances 

evaporative cooling of the surface seawater that increases water density: which leads 

to vertical mixing; this is known as ‘convecting mixing’ (Figure 1.4: winter monsoon; 

Madhupratap et al. 1996). This convecting mixing brings nutrient-rich seawater from 

the subsurface depth to the surface, causing an increase in the primary productivity 

during the winter monsoon (Madhupratap et al., 1996a; Prasanna Kumar et al., 2004a). 

The Salinity budget, which is defined as Precipitation + Runoff - Evaporation (P + R - 

E) is negative in the AS; since evaporation dominates over the contributions from both 

precipitation and runoff (from the continental region). The net effect is that irrespective 
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of seasons,  the AS has high saline water conditions (Govil and Naidu, 2010; Rao et 

al., 1981; Shetye et al., 1994; Vinayachandran and Kurian, 2008). 

One of the critical processes over the ocean is water mass formation (vast water body 

having a uniform range of temperature, salinity, and associated density) and its 

movement. Traditionally, the relation between the potential temperature (θ; °C) and S, 

along with density (σθ ; kg m-3) variation is used to characterize ocean water masses 

(Emery, 2001; Helland-Hansen, 1916). Potential temperature (θ), is conventionally 

used for water mass identification (rather than in situ temperature), to account for the 

pressure effects. It is the temperature of water parcel (at any depth) that would be 

measured if the water parcel were brought to the ocean surface without a change in the 

heat content of the parcel with the surroundings (adiabatically). The density of seawater 

(sigma theta: σθ) is calculated based on the in situ salinity and potential temperature. 

Water masses are identified based on their characteristic ranges in temperature, salinity, 

and density. Four different water masses have been identified in the AS; namely Bay 

of Bengal Water mass: BoBW (lower salinity and low density); Arabian Sea High 

Saline Water mass: ASHSW (T: 28- 24 °C, S: 36.7-35.3, σθ: 22.8-24.5 kg m-3); Persian 

Gulf Water mass: PSGW (T: 19-13 °C, S: 37.9- 35.1, σθ: 26.2-26.8 kg m-3); and the 

Red Sea Water mass: RSW (T:11-9 °C, S: 35.6-35.1, σθ: 27.0-27.4 kg m-3) (Emery, 

2001; Jain et al., 2017; Kumar and Prasad, 1999a; Rochford, 1964; Shetye et al., 1994; 

Varadachari et al., 1968a). 

Bay of Bengal: The eastern part of the northern Indian Ocean is influenced by 

numerous river channels, which are fed by the  monsoonal and Himalayan glacier rivers  

(Karim and Veizer, 2002; Lambs et al., 2005; Ramesh and Sarin, 1992). These riverine 

inputs to the northern BoB make low salinity water on the northern side with an 

increase in the salinity towards southern BoB with ~ 2 increase per latitude (moving 

towards equatorward). In addition, direct precipitation also gives a significant amount 

of freshwater in the Bay. This enormous amount of freshwater through both the rivers 

and direct rainfall in the BoB makes a well-stratified ocean (Han et al., 2001; Prasad, 

1997; Vinayachandran et al., 1999). Due to its strong stratification, the wind-induced 
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mixing is not strong enough to bring the subsurface water (nutrient-rich) to the surface 

(Han et al., 2001; Vinayachandran et al., 1999). This makes the BoB a less productive 

region than the AS; however, strong small scale eddies, dry and cold winter induced 

vertical mixing can contribute a significant amount of nutrient to the surface during 

different seasons. 

In addition to these physical ocean dynamics, a high number of tropical cyclones are 

observed in the BoB from October to December every year, with characteristics of deep 

depression to severe cyclones. The ocean and atmospheric conditions (SST, moisture 

content, vertical wind shear) over the BoB are well favorable to the cyclogenesis during 

post-monsoon.  

The Andaman Sea: A marginal sea, which is separated from the BoB on the western 

side by the Andaman & Nicobar Islands; Myanmar and Bangladesh landmasses are on 

its north and eastern sides and Indonesia on its southern side. The Andaman & Nicobar 

Islands are distributed between 6° N and 14° N in the northeast Indian Ocean; a channel 

is known as the ‘10 Degree Channel’, separates these two islands. The Andaman Sea 

is connected to the BoB through three primary passages, i.e., southern channel (deepest 

~ 1500 m water depth), middle channel (10 degree Channel; moderate ~ 700 m water 

depth) and northern channel (shallow ~ 300 m water depth; Rodolfo 1969; Sikka 1978; 

Robinson et al. 2007; Chatterjee et al. 2017; Rashid et al. 2019). The average water 

depth of the Andaman Sea is ~2000 m. The Irrawaddy, Salween rivers, low saline water 

from the BoB, and direct precipitation influence the salinity budget and stratification 

over the Andaman Sea (Chatterjee et al., 2017; Rashid et al., 2019).  

1.3. Stable Isotopologues and Isotopic Fractionation 

Isotopes are the atoms of an element having the same number of protons but 

different numbers of neutrons; hence, they have different atomic weights. Stable 

isotopes are non-radioactive forms of these atoms, and the difference in their atomic 

weights enables them to be used in a wide variety of applications, including 

hydrological and environmental studies. Naturally occurring stable isotopes in water 
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and other substances are used to track the origin, history, sources, sinks, and their 

interactions in water, carbon, and nitrogen cycles. Since measurement of absolute 

number or abundance of an isotope is practically impossible, the relative abundance of 

these isotopes (R) is used to monitor changes in various physical and chemical process:   

R = Abundance of heavier isotope/Abundance of lighter isotope; 

Changes in the R with respect to a known standard can be used as a parameter   to 

understand the different physical and chemical processes. Isotopic ratios are reported 

as deviation (δ; delta) from an international standard (worldwide accepted standard). 

International Atomic Energy Agency, Vienna produces, maintains, and provides 

international standards with known isotopic ratios for a variety of measurements. 

Different standards are used based on the type of samples and isotopes of interest 

(explained in detail in Materials and Methods chapter-2). 

Stable isotope ratios are expressed by ‘δ’ (Delta) notation, for oxygen and carbon 

isotopes are defined as:   

δ18O = (Rsample/Rstandard – 1) × 1000, in per mil (‰) for oxygen isotopes: R=18O/16O 

   δ13C = (Rsample/Rstandard – 1) × 1000, in per mil (‰) for carbon isotopes: R=13C/12C 

For carbonate samples, standard used is the Vienna Pee Dee Belemnite (VPDB), and 

for water samples, it is the Vienna Standard Mean Ocean Water (VSMOW). Since the 

variability or deviation observed in the natural processes is quite small (of the orders 

10-3) a multiplication factor ‘1000’ is used to report the values in per mil (‰) (Epstein 

and Mayeda 1953; Craig 1961). The ‘δ’ value of a sample specifies a specific ratio of 

abundances of stable isotopes; another term ‘isotope composition’ is often used to refer 

to it. 

Isotope fractionation describes various processes that affect and hence change the 

relative abundance of stable isotopes or isotopic composition of a particular sample (in 

any phase). For example, various climatic parameters, such as temperature, humidity, 

and atmospheric circulation, control the ratio of abundances of heavier to the lighter 
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isotope of oxygen isotope (i.e., 18O/16O) in the rain. The largest change takes place 

during a phase transition, which modifies δ in both phases significantly, for instance, 

condensation of vapor mass and evaporation of liquid water.  

Equilibrium Fractionation refers to fractionation occurring in reactions if the reactant 

and the products are allowed to remain in contact for a sufficiently long time to achieve 

chemical equilibrium; in such cases, the equilibrium between forward and reverse 

reactions are established, and ‘δ’ of reactant and products have unique values. If 

reactants and products are in contact for a long time, isotopes in the system are 

distributed in such a way that the total energy of the system is minimized, heavier 

isotope preferably goes into the compound with strong binding. A similar type of 

process can happen during phase change, such as condensation of vapor mass, where 

equilibrium is established between vapor formation and condensation. Equilibrium 

fractionation occurs when the thermodynamic equilibrium condition is attained, and it 

is inversely proportional to the temperature.  This type of equilibrium is often observed 

in nature when the process occurs slowly and in a closed system. For example, globally 

condensation of cloud vapor follows close to equilibrium type process (Dansgaard 

1964). 

Kinetic fractionation refers to fractionation occurring in reactions or processes where 

it is partially or fully unidirectional; forward and reverse movements of reactants or 

products are not balanced, and hence isotopic equilibrium concept is not applicable.   

The reactants and products are separated before the isotopic equilibrium is reached. 

Evaporation at the ocean surface is described by the kinetic fractionation process, 

which occurs due to different diffusion rates of water isotopologues (Craig and Gordon, 

1965a; Merlivat and Jouzel, 1979). 

 1.4. Isotopic fractionation in precipitation (rainwater) 

Stable isotopic composition of rainwater is affected by various canonical effects: 

https://en.wikipedia.org/wiki/Phase_transition


18 | P a g e  

 

 Amount effect: Dansgaard (1964) observed that the amount of precipitation and 

δ18O of rain are inversely correlated. Usually, deep convecting clouds are 

associated with extreme rainfalls, strong updrafts and downdrafts, characterized 

by rainwater lower in δ18O and δD. At an island station, where temperature 

fluctuations are minor, δ18O variability is found to be dependent on rainfall 

amount with an observed gradient of ~ -1.5‰ per 100 mm increase in the 

monthly rainfall (Araguás‐Araguás et al., 1998a; Dansgaard, 1964; Gat and 

Gonfiantini, 1981; Yadava and Ramesh, 2005). However, this effect is 

observed to deviate as we go towards the higher latitude (mid-latitude and 

above) where temperature plays a vital role than the amount of rainfall. 

 Temperature effect: The temperature effect is more prominent in high-latitudes 

than the tropical regions (almost negligible). A linear relationship between the 

mean annual surface air temperature and the mean annual δ18O of precipitation 

is observed (Figure 1.5). The relationship is based on the Global Network of 

Isotopes in Precipitation (GNIP) and the mean annual air temperature at each 

station (Dansgaard, 1964; Rozanski et al., 1993).  

The observed relations are:   

δ18O = 0.69 × Tannual – 13.6 
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Figure 1.5: δ18O of surface water and surface temperature relation (modified from 

Dansgaard, 1964). Source: Clark and Fritz (2013). 

 Altitude effect: As temperature drops with elevation, δ18O of rainfall is 

observed to deplete (Figure 1.6) with increasing altitude (Clark and Fritz, 

2013). Lowering of temperature favors the conversion of increased fraction of 

vapor mass into precipitation. 

 

Figure 1.6: δ18O of precipitation variability with altitude. Source: Yonge et al., 1989. 

Continental effect: As the vapor (moist air) moves away from the source region 

(ocean) across a continent, its isotopic composition changes more rapidly due to rainout 

influenced by topography variations and the extreme temperature characterizing the 

continental climate. The continental temperatures are associated with strong seasonal 

variation (Clark and Fritz, 2013). Coastal precipitation is associated with enriched 

rainfall than the central regions, which are associated with depleted rainfall with strong 

seasonal differences (Rozanski et al., 1993). While moving coast to inland, the rain has 

successively depleted ‘δ’ values. It is called the continental effect. 

1.4.1. Rayleigh Fractionation  

Rayleigh fractionation model explains the evolution of a system in which 

multiple phases are associated, and one phase is uninterruptedly removed. It 

shows that with equilibrium condition attained before removal, the vapor parcel 
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gets continually depleted in 18O as it rainouts with time (Clark and Fritz, 2013; 

Rozanski and Sonntag, 1982; Sonntag et al., 1983).  

Rayleigh fractional model is expressed mathematically as:   

R = Ro f 
(α-1) 

Where R is the isotopic composition of the changing reservoir, f is the fraction 

of the remaining in the reservoir, Ro is the initial isotopic composition, and α is 

the equilibrium isotope fractionation factor (αproduct-reactant). 

For water vapour system, since heavier isotopes (2H and 18O) always prefer 

liquid phase, precipitation is enriched in 2H  and 18O, relative to the residual 

vapor reservoir, the degree of enrichment remains a function of the 

condensation temperature (Araguás‐Araguás et al., 1998a; Gat, 1996; Gat and 

Gonfiantini, 1981; Rozanski et al., 1993). So, as clouds move across the 

continent, progressive rain-out results in precipitation successively depleted in 

18O.   

1.4.2. Global Meteoric Water Line (GMWL)  

Global Meteoric Water Line (GMWL) is an average relation between δ18O and 

δD of natural terrestrial surface water, which has not undergone any excessive 

evaporation (Craig, 1961). The δ18O-δD isotopic composition of global 

precipitation is strongly associated with a slope of 8; this is similar to the ratio 

of the equilibrium fractionations (at 25°C, Clark and Fritz 2013). However, for 

a given region this relation is called the Local Meteoric Water Line (LMWL), 

it includes the effect of local atmospheric circulation, seasonal variation of the 

moisture sources and variability in the evaporation and precipitation  (Araguás‐

Araguás et al., 1998a; Clark and Fritz, 2013; Rozanski et al., 1993). The kinetic 

fractionation effect on rainfall over a given region is compared with the known 

LMWL to decipher precipitation pathways that include the source of moisture, 

cloud condensation process, and effect of local evaporation. Several kinetic 

processes can lead to effects that can modify the slope in δD - δ18O relation that 



21 | P a g e  

 

may be significantly different from the GMWL and LMWL for a given 

location. 

Since 1961, the Global Network of Isotopes in Precipitation (GNIP; 

http://www-naweb.iaea.org/napc/ih/IHS_resources_isohis.html) examines and 

monitors the isotopic composition of precipitation at various sites all over the 

world. The global precipitation shows a linear relationship: 

δD = 8.17 (±0.07) × δ18O + 11.27 (±0.65) 

For the water which has evaporated or has mixed with the locally evaporated 

water, the slope of δ18O-δD plot shifts off the meteoric water line, and intersects 

the GMWL at the point corresponding to the original un-evaporated 

composition of the water (Clark and Fritz, 2013; Gat and Gonfiantini, 1981; 

Merlivat, 1978; Rozanski et al., 1993).  

1.5. Stable Isotopes of  Hydrogen and Oxygen  

1.5.1. Hydrogen Isotopes 

Hydrogen has three naturally occurring isotopes; two stable (1H [99.98%] protium; 2H 

[0.02%] deuterium, D) and one radioactive (3H [trace] tritium, T: half-life of 12.32 

years). These isotopes are strongly influenced by kinetic processes that result in a 

significant fractionation relative to the oxygen isotopes (during precipitation and 

evaporation) and are highly dependent on relative humidity of the ambient environment 

(Clark and Fritz, 2013; Craig, 1961; Craig and Gordon, 1965a; Gat and Gonfiantini, 

1981; Merlivat and Jouzel, 1979).  

Ocean is the largest reservoir of water in the hydrological system. It is the main source 

of water in vapor, liquid, and solid forms that occur in the atmosphere, on the surface, 

and below ground level. Well-Mixed ocean water has δD and δ18O close to 0‰ (the 

absolute abundance for  VSMOW: D/H ratio of 0.00015576 (Hagemann et al. 1970); 

18O/16O ratio = 0.0020052 (Baertschi 1976)). However, continuous evaporation, 

precipitation, and other water mixing processes lead to inhomogeneous mixing and 

kinetic fractionation processes, and therefore, the isotopic composition of ocean water 

http://www-naweb.iaea.org/napc/ih/IHS_resources_isohis.html
https://en.wikipedia.org/wiki/Precipitation


22 | P a g e  

 

and related products change significantly (Gat and Gonfiantini, 1981; Rozanski et al., 

1993). 

 

1.5.2. Oxygen Isotopes 

Oxygen with an atomic weight very close to 16 is composed of 8 protons, and in its 

most common form with 8 neutrons (viz. 16O). A small fraction of oxygen atoms (18O) 

has two extra neutrons hence atomic mass is 18, whereas 17O has one extra neutron 

having atomic mass 17. The natural abundances of these oxygen isotopes are 16O 

(98%), 17O (0.02%), and 18O (2%). The ratio of these two oxygen isotopes (heavier to 

lighter; 18O/16O) in water changes during different physical (evaporation, condensation, 

mixing of two different composition water bodies) and chemical processes where 

oxygen is involved, leading to change in the distribution of these isotopes in product 

and reactant. For example, in the case of evaporation (a physical process), vapor will 

be concentrated (enriched) more with the lighter isotope (16O) relative to the original 

water body (Figure 1.7), leaving residual water concentrated more in the heavier 

isotope (18O). Later, when the vapor parcel starts precipitation, initial condensate 

(rainwater) will be enriched in 18O with subsequent precipitation depleted in 18O 

relative to the previous lot (Rayleigh distillation model; Figure1.7). In precipitation, 

the spatial pattern of the isotopic ratio arises due to the preferential rainout of 

isotopically heavier water molecules during condensation (Aggarwal et al., 2012; 

Noone, 2012; Rozanski et al., 1993).  
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Figure 1.7: Schematic diagram to explain fractionation by Rayleigh distillation model (gradual 

depletion in 18O) and isotopic effects (local and global). Primary evaporation from the ocean, 

direct precipitation, and runoff from land to sea refer to the local effects. 18O depleted 

precipitation (snow; decreased δ18O) when locked up as ice sheets over the land (polar regions), 
causes sea-level changes (reduced), and global seawater enrichment in 18O; this refers to the 

global effect (occurring on time scales ~ thousands of years or more). Source: adapted from 

Clark and Fritz (2013). 

1.6. Paleoclimate archives and proxies 

Paleoclimate proxies are the material properties sensitive to climate change (physical, 

chemical, or biological) preserved throughout the geological time scales, and hence, 

these can be used to understand the past climatic condition. These proxy records help 

us to understand how the Earth's climate system changed over the geological time 

scales (Smerdon, 2017).  

The use of these proxy to reconstruct past climate requires an understanding of how 

they are related to some aspect of climate systems. For example, some proxies, such as 

atmospheric gases trapped in glacial ice (e.g., carbon dioxide and methane), provide a 

relatively direct measurement of atmospheric chemistry at the time the ice formed and 

was sealed off from the atmosphere. Other proxies are less direct, such as stable isotope 

measurements (e.g., oxygen and carbon) from shells of marine organisms. These 

indirect proxies require calibration studies in the modern system to establish the 



24 | P a g e  

 

relationship between climate processes and the proxy. Most of the archives (e.g., 

speleothem, deep-sea sediment cores, and corals) preserve these isotopic signatures of 

different climatic conditions during their formations, which can provide valuable 

information about the past changes in these climate variables (Pearson 2012). 

1.6.1. Speleothems 

Speleothem is a collective name for various types of deposits found in a cave such as 

flowstones, soda straw, stalagmites, stalactites; these are formed by drip water (Figure 

1.8). Source of the dripping water is the rainwater, surface water, or groundwater that 

percolates through the soil surface and absorbs carbon dioxide (abundant in the soil, 

due to respiration and microbial decomposition pCO2 is high) transforming the water 

into mild carbonic acid. The weak acid then dissolves small amount of calcium 

carbonate from the limestone bedrock as it travels through fissures along the pathway 

until it enters the cave galleries. As the water drips into the cave environment, the 

dissolved carbon dioxide is released (since it faces low pCO2), and calcium carbonate 

is  precipitated back as speleothems (Fairchild et al., 2006). 

Mineralogy of speleothem is mostly calcite, sometimes aragonite, and rarely mixture 

of both these. Slight differences in the bedrock composition and dripping patterns result 

in the creation of speleothems of various shapes and colors and contribute to cave 

decoration. Another primary method for carbonate deposition is the evaporation of 

dripping water that may occur when the cave is of small size or has good air circulation. 
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Figure 1.8: A typical speleothem (cave deposits) formation: a) rock bodies hanging on the 

ceiling (stalactites) of Borra Cave (Andhra Pradesh), b) a cross-sectional view of a stalagmite 

(that grew the floor towards roof).  

1.6.2. Deep-Sea Sediment core & Foraminifera 

Deep-sea sediment cores are the best archives for understanding the past oceanographic 

changes. Sediment cores include organic materials such as pollen grains, diatoms, 

foraminifera, and inorganic components in the form of various minerals. Based on their 

limited habitable conditions, geochemical and isotopic signatures of any one of these 

fractions can serve as a good proxy for paleoenvironmental studies (Emiliani, 1955; 

Kotthoff et al., 2017; Murray, 2006; Urey, 1947). Significant advantages of studying 

the deep-sea sediment core are that it will record long-term paleoclimate conditions 

and remains unaffected by the human disturbances. However, the disadvantage is that 

the temporal variation recorded have coarse resolution (~ a few hundred years).  

Foraminifera is one of the best proxies for the oxygen isotopic analysis to reconstruct 

paleomonsoon/paleoceanographic conditions (Duplessy et al., 1970; Emiliani, 1955; 

Pearson, 2012; Urey, 1947). These are unicellular micro-organisms that live in the 

entire water column, and their shells are made of calcite-CaCO3 (Anand et al., 2008; 

Berger and Parker, 1970; Emiliani, 1955; Hemleben et al., 2012; Murray, 2006; 

Saraswat, 2015; Urey, 1947). Foraminifera is divided into two groups viz., planktonic 

and benthic species. Planktonic foraminifera lives in the surface water column of the 
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ocean, whereas benthic forams live in the bottom water of the ocean (bottom water and 

sediment interface; Emiliani 1955; Saraswat 2015). Each of the planktonic foraminifera 

species has different depth habitats, ranging from surface to sub-surface and deep 

water. During the period of wind-induced upwelling, cold and nutrient-rich water 

replaces the warm surface water; this is favorable condition for the survival and growth 

of (sub-polar) planktonic foraminifera species Globigerina bulloides; therefore, their 

abundance increases (Bé and Hutson, 1977; Cullen and Prell, 1984; Curry et al., 1992; 

Prell, 1981; Zhang, 1985). The planktonic foraminifera G. bulloides is a temperate, 

cold, high nutrient-rich environment favorable condition living species, during 

upwelling in the tropical, regions, similar conditions persisted and causes their 

abundances to increase. High abundance of the sub-polar planktonic G. bulloides 

species in low latitudes indicate the monsoon driven upwelling (Curry et al., 1992; 

Naidu et al., 1992; Prell, 1981). The other important planktonic foraminifera species 

viz. the G. ruber. G. sacculifer and G. menardii (Figure 1.9) live throughout a year in 

the surface ocean waters as shown by the studies based on sediment traps (Anand et 

al., 2008; Guptha et al., 1997). 

 

Figure 1.9: Planktonic foraminifera species used for the reconstruction of upper ocean climatic 

conditions (in this study). Source: https://www.foraminifera.eu/species.  

Habitat of G. ruber species is a warm and oligotrophic condition. It lives near-surface 

water (at average water depth ~0-25 m) and G. sacculifer (water depth 25-50 m), 

whereas G. menardii species live within water depth ~100-200 m, which represents 

upper thermocline. Both these planktonic species, G. ruber and G. sacculifer, are 

https://www.foraminifera.eu/species.php?no=1000794&aktion=suche
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known to live throughout a year (Anand et al., 2008; Guptha et al., 1997). Their 

characteristic habitat makes these as important species for reconstructing paleoclimate. 

To infer past climate conditions, in addition to the counting of foraminifera shells for 

abundance estimation, Urey (1947) used the isotopic composition of foraminifera 

shells to reconstruct the past temperature.  

In seawater, when carbonate precipitates (foraminifera shells, corals, and other forms), 

calcite is enriched in 18O than the ambient seawater when both compositions are 

expressed against the same standard reference value (Hillaire-Marcel and Ravelo 2007). 

However, this fractionation is a function of seawater oxygen isotopic composition and 

ambient water temperature (Figure 1.10). Oxygen isotopic composition of the seawater 

can vary with time due to several processes, broadly, (i) global effect and (ii) local 

effect (Figure 1.7).  

Global effect: 

During periods of the strong glacial events (cold events), a large amount of ocean water 

after evaporation (vapor enriched in light isotope: 16O), is precipitated as snow in high 

latitudinal regions and polar sites; these were locked up as ice sheets over land and 

cause significant changes in the sea levels and average isotopic composition of the 

seawater. For example, a reduction of the mean sea level by ~120 m during the Last 

Glacial Maximum (LGM: ~ 18-24 ka) relative to the present level was observed, and 

the water that remained in the ocean was enriched in 18O, this is known as ice-volume 

effect (Shackleton 1967; Fairbanks 1989). The amount of water stored as ice sheets on 

land influences the average change in the δ18O composition of the global ocean on the 

timescale of the mixing time of the ocean (Shackleton, 1967). During the interglacial 

periods (warm events), when these ice sheets melted, water with more light isotopes 

returned back to the ocean and depleted the isotopic composition, close to the present-

day level. Due to the ice-volume effect, estimates show that the average change in δ18O 

composition of the ocean water was ~1.1‰ ( during LGM, 'δ' value was higher than 

the present level; Fairbanks 1989; Adkins et al. 2002). This gives a rough estimate as, 
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0.09 ‰ increase in δ18O composition for ~10 m decrease of sea level in the average 

global ocean, due to glaciation. 

Local effect:  

The local effect causes frequent and quick changes in the isotopic composition of the 

seawater, which are due to the ambient temperature variation, river runoff, 

precipitation, and mixing of water masses having different isotopic composition. 

During evaporation from the ocean surface, the moisture is depleted in 18O, and hence 

δ18O values of precipitation are depleted in 18O compared with that of seawater (Craig 

and Gordon, 1965a; Gat and Gonfiantini, 1981). The evaporation causes  salinity of the 

sea surface water to increase while it decreases with the precipitation or freshwater 

runoff (Sengupta et al., 2013; Zika et al., 2015).  

Salinity (S) and δ18O are both influenced by the balance between evaporation and 

precipitation, they are highly correlated in the surface ocean, and a linear correlation is 

expected (Bigg and Rohling, 2000; Criss, 1999; Delaygue et al., 2001; Fairbanks, 1989; 

McConnell et al., 2009). The δ18O–S relation derived based on the modern calibration 

is used for paleo-salinity reconstruction. The relationship between spatial variations in 

δ18O and salinity (gradient in δ18O–S relation) for global surface water was observed ~ 

0.5‰/1.0 psu  (LeGrande and Schmidt, 2006; Schmidt, 1999). However, dominated by 

the effects of mixing between the local precipitation (freshwater input) and seawater, a 

significant deviation from this global relationship (gradient) is observed at the regional 

scale. 
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Figure 1.10: Environmental factors that influence the δ18O composition of planktonic 

foraminifera’s shells. Source: adapted from Hillaire-Marcel and Ravelo (2007). 

During their life cycle, foraminifera-CaCO3 shells will have the imprints of the ambient 

water oxygen isotopic composition; while calcifying their shells, they use calcium and 

bicarbonate ions from the surrounding water (Anand et al., 2008; Emiliani, 1955; Urey, 

1947). In many species of foraminifera, calcification process is slow enough, so that 

condition for equilibrium fractionation is applicable; therefore, oxygen isotopic 

composition of shell calcite is in isotopic equilibrium with the seawater. In such cases 

isotopic fractionation between the calcite and the seawater is inversely related to 

calcification temperature (ambient water temperature). The thermodynamic isotopic 

fractionation that occurs during calcite precipitation will produce an offset in the δ18O 

of the shell, relative to the seawater δ18O values (Delaygue et al., 2001; Duplessy et al., 

1970; Emiliani, 1955; Urey, 1947). Based on laboratory experiments for water- 

carbonate system, temperature dependence is known:  δ18O of calcite decreases by ~ 

0.21 to 0.23 ‰ per unit increase in water temperature (Epstein and Mayeda, 1953; Erez 

and Luz, 1983; O’Neil et al., 1969). After their life cycle is over, these shells sink to 

the ocean bottom and get buried in the sediment and remain preserved unless sediments 

are disturbed later. During their life cycle, changes in the oceanic conditions (such as 

SST, SSS, river runoff) are reflected in the δ18O in the fraction of the carbonate 

deposited on the growing shells. Therefore, foraminifera-δ18O can be used as a proxy 



30 | P a g e  

 

for the reconstruction of ambient water oxygen isotopic composition and water 

temperature. While interpreting foraminifera-δ18O record, apart from the past 

temperature variability, one must also consider all the other processes which would 

have modified seawater- δ18O. Hence, average isotopic composition of foraminifera is 

a function of the different processes as discussed above. 

Several sediment cores, collected from different oceans have been studied so far for 

δ18O in foraminifera. These have shown a consistent pattern in δ18O variability, 

explained to have originated due to large temperature change in the past, and hence, 

the name is given as glacial and interglacial climate conditions (Emiliani, 1955; 

Shackleton, 1967). The major variations observed as peaks and troughs, corresponding 

to the extreme high and low values in δ18O values, have ~100 ka periodicity. In the 

reconstructed data, these are labeled as “Marine Isotope Stages (MIS).” Odd numbers 

associated with these stages represent interglacial and even number as glacial periods. 

For example, MIS-1 is the recent interglacial period (15 ka to present), and MIS-2 is 

the recent glacial period (LGM ~ 24-18 ka). 

1.7. Carbon Isotopes 

Carbon has three isotopes, two stable (12C and 13C) and one radioactive (14C) with 

respective abundances: 12C = 98.89 %, 13C = 1.11 % and 14C = 10-12 % and this element 

is the backbone of life on Earth.  

The δ13C of a foraminifera shell (carbonate) is a function (Figure 1.11) of the carbon 

isotopic composition of the dissolved inorganic carbon (DIC) in ambient seawater 

(δ13CDIC). However, it is not in isotopic equilibrium with seawater (Broecker and Peng, 

1982; Broecker and Maier‐Reimer, 1992). The primary reason for its imbalance is due 

to the fact that because of strong biological (called vital) effects, biogenic calcification 

is relatively rapid. Furthermore, δ13CDIC in seawater is not uniform throughout the 

world’s ocean, and the average δ13CDIC of the ocean varies with time. Foraminifera 

specimens having different sizes also show variability in the δ13C values. Additionally, 

δ13C is influenced by (i) different vital effects, (ii) fluctuations in the habitat during the 
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life cycle and/or seasonal variation in marine environmental conditions, (iii) 

discrepancy in the dissolution of shells depending on the thickness of their walls, 

(Broecker and Peng, 1982; Broecker and Maier‐Reimer, 1992; Ravelo and Fairbanks, 

1995). Hence, due to several complex controlling factors that may cause changes in the 

δ13C of foraminifera, interpretation of the δ13C variation is not straight forward as it is 

with the δ18O variation. 

Besides ocean sediments, corals, tree-rings, and ice-cores are also well-studied 

important archives, and these are widely used in the paleoclimate reconstructions.  

 

Figure 1.11: The Environmental factors that influence the δ13C composition of planktonic 

foraminifera’s shells. Source: adapted from Hillaire-Marcel and Ravelo (2007). 

1.8. Bulk sediment δ15N and 13Corg 

Nitrogen has two stable isotopes 14N and 15N with abundances as 99.64% and 0.36%, 

respectively. The atmospheric nitrogen (N2) is very inactive during biological 

processes. However, it gets into the biological system through photosynthesis by 

various mediators. Nitrogen is a critical nutrient element in the marine ecosystems, 

limiting the growth of marine life in most of the oceans (Howarth, 1988; Howarth and 

Marino, 2006; Vitousek and Howarth, 1991). Atmospheric N2 gets into the biological 

system by reduction of N2 to ammonia through microorganisms (diazotrophs) under 
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anaerobic conditions. Nitrification is the biological process performed by bacteria 

where ammonia is converted to nitrate (NO3
-) or nitrite (NO2

-). Denitrification is a 

process where nitrate is reduced to gaseous nitrogen (N2 or N2O) species under 

anaerobic conditions. Oxygen Minimum Zone (OMZ; dissolved oxygen concentration 

is less than 0.5ml/l) is the permanent anaerobic conditions in the world oceans (Gibson 

and Atkinson, 2003). The strong OMZ regions in the oceans are associated with surface 

biological productivity that consumes lot of dissolved oxygen at depths during 

degradation of the organic material. In OMZ, anaerobic bacteria utilize NO3
- for the 

decomposition of organic matter, and this causes significant fractionation in nitrogen 

isotopic composition of NO3
-. During denitrification bacteria consumes preferentially 

lighter isotope (14NO3
-) and hence enriching the residual NO3

- in heavier isotope 

(15NO3
-). δ15N of sediment organic material is a function of isotopic composition of the 

source of NO3
- and degree of fractionation during phytoplankton uptake. The higher 

δ15N of bulk sediment suggests stronger denitrification which in turn was controlled by 

surface productivity (Ganeshram et al., 1995).  

Organic carbon (Corg) preserved in the sea sediment is originated as particulate organic 

carbon and is an indicator of the primary productivity at the surface (Schulz et al., 

1998). The preservation of Corg improves drastically in regions underlying OMZ, with 

high sedimentation rates and in the regions where reducing conditions prevail at the 

sediment-water interface (Henrichs, 1992).  

1.9. Previous studies from the northern Indian Ocean 

A significant amount of work has been done in understanding the northern Indian 

Ocean dynamics occurring monthly to millennium time scales. Previous studies have 

identified different water masses over AS observed at the surface to deeper depths 

(Rochford, 1964; Varadachari et al., 1968; Shetye et al., 1994; Emery, 2001; Prasad et 

al., 2001; Schott and McCreary Jr, 2001). The density of these water masses increases 

as depth increases, so shallow water masses are lower in density (mostly have tropical 

origin), and bottom water mass is higher in density (mostly polar origin). Four different 

water masses are identified in the AS namely Bay of Bengal Water mass: BoBW; 
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Arabian Sea High Saline Water mass: ASHSW; Persian Gulf Water mass: PSGW; and 

the Red Sea Water mass: RSW (Emery, 2001; Jain et al., 2017; Prasad et al., 2001; 

Rochford, 1964; Shetye et al., 1994; Varadachari et al., 1968a).  

Data on seawater isotopic measurements from the northern Indian Ocean are very 

limited in spatial and temporal scales. Only a few studies have reported oxygen and 

hydrogen isotopic composition of seawater samples from the Indian Ocean and have 

contributed to the preliminary understanding of the surface water processes 

(Achyuthan et al., 2013; Delaygue et al., 2001; Deshpande et al., 2013; Sengupta et al., 

2013; Singh et al., 2010; Srivastava et al., 2007; Tiwari et al., 2013). The δ18O-S 

relation is an essential relationship for the paleo-salinity reconstruction. However, 

these relations vary with seasons and locations (Achyuthan et al., 2013; Delaygue et 

al., 2001; Deshpande et al., 2013; Sengupta et al., 2013; Singh et al., 2010). δ18O value 

for runoff waters from the Ganga river system (to the BoB) is ~ -6‰ (Achyuthan et al., 

2013; Ramesh and Sarin, 1992; Somayajulu et al., 2002). Nonetheless, during strong 

rainfall, the average δ18O value of the runoff may reach as low as ~ -9‰ (Delaygue et 

al., 2001). During the periods of strong snowmelt from the Himalayan region (source 

for Himalayan originated rivers), water with much lower isotopic composition is 

contributed (Karim and Veizer, 2002; Lambs et al., 2005; Ramesh and Sarin, 1992). 

Rainfall amount over the land and corresponding changes in the slope and intercept of 

δ18O–S relation represent the salinity related amount effect such that 18O-depleted 

runoff could also result from higher rainfall: (Araguás‐Araguás et al., 1998a; 

Dansgaard, 1964; Singh et al., 2010; Yadava and Ramesh, 2005). Majority of studies 

on the δ18O of seawater variations are mainly restricted to the surface water samples 

only (Achyuthan et al., 2013; Deshpande et al., 2013; Singh et al., 2010), very few 

studies have attempted to understand these relations in vertical profile of the northern 

Indian Ocean (Delaygue et al., 2001; Sengupta et al., 2013; Singh et al., 2010; 

Srivastava et al., 2007; Tiwari et al., 2015). The δ18O variation of natural waters (i.e., 

precipitation) has been studied since 1960s to infer hydrological processes (Craig, 

1961; Craig and Gordon, 1965b; Dansgaard, 1964).   
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Large amount of work has been done in reconstructing the paleoceanography and 

paleoclimate from the northern Indian Ocean based on the deep-sea sediment cores: 

from the AS (Banakar et al., 2010; Gupta et al., 2003; Kessarkar et al., 2013; Saraswat 

et al., 2016, 2013; Sarkar et al., 2000, 1990; Singh et al., 2006, 2016), from  BoB 

(Ahmad et al., 2005; Kudrass, 2001; Rashid et al., 2011) and the Andaman Sea  (Rashid 

et al. 2007; Sijinkumar et al. 2010, 2016; Raza et al. 2014, 2017; Ali et al. 2015; 

Gebregiorgis et al. 2016). These studies have addressed monsoon variability over the 

long time span, from glacial to interglacial periods. Duplessy (1982) showed that 

monsoon was weaker during the LGM. Sarkar et al. (1990) have shown that during 

LGM, the winter monsoon was stronger than the summer monsoon. In addition to the 

long term glacial and inter-glacial global climate variability, a short term intense warm 

and cold periods were observed within the interglacials (example during MIS-3). 

Significant strong short term cold and warm events during the MIS-3 and MIS-2 were 

identified as Heinrich Events and Dansgaard-Oeschger Events, respectively 

(Dansgaard et al., 1982; Heinrich, 1988; Stocker, 1999). DO events were usually 

associated with rapid warming of Greenland, by 5 - 10 ºC, within a few decades or less 

than that (most often 1500 years cycle, but not always), followed by gradual cooling 

over several hundred to thousand years (Bond et al., 1993; Dansgaard et al., 1982). 

Heinrich events were sporadic and distinct events associated with ice-rafted debris in 

the North Atlantic, which is associated with cooling events in the Northern Hemisphere 

(Heinrich, 1988). These global cold (warm) events were associated with weak (strong) 

monsoon over the Indian subcontinent (Deplazes et al., 2014; Jin et al., 2007; Kudrass, 

2001; McGee et al., 2018; Pausata et al., 2011).  

Only a few studies have tried to reconstruct the past variation in the thermocline depth 

(Gebregiorgis et al., 2016; Singh et al., 2016). Some studies based on the abundance of 

different species of planktonic foraminifera have been carried out over the northern 

Indian Ocean to reconstruct the paleoceanographic conditions (Gupta et al. 2003; 

Ishikawa and Oda 2007; Munz et al. 2015; Singh 2016; Singh et al. 2016; Verma et al. 

2018). 
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Instrumental and high-resolution proxy records have shown intra-seasonal to intra-

annual scale variability in the Indian monsoon systems. These variations are associated 

with various ocean-atmospheric coupled processes. Mainly the El-Niño Southern 

Oscillation (ENSO), Indian Ocean Dipole (IOD), Madden Julian Oscillation (MJO) 

and Pacific Decadal Oscillation (PDO) are the strong influencing processes on ISM 

(Ashok and Saji, 2007; Gadgil, 2007; Joseph et al., 2009; Ju and Slingo, 1995; Kumar 

et al., 1999). ENSO events are associated with a shift in the low-level convergence of 

surface winds from the western Pacific (normal condition) to the central or towards 

more eastern Pacific Ocean (abnormal condition). This shifting causes the low-level 

divergence of surface winds over most parts of the Indian subcontinent and other 

regions (Indonesia Australia and Southeast Asia), which is further associated with 

weaker ISM. Previous studies have shown the weakening trends of ISM over the Indian 

subcontinent in response to El-Niño variability (Ashok et al., 2007; Kumar et al., 2006; 

Mishra et al., 2012; Sulochana and Francis, 2016), however, some studies have shown 

the weakened influence of ENSO on ISM (Horii et al., 2012; Kawamura et al., 2005; 

Krishnamurthy and Kirtman, 2003; Kumar et al., 1999; Sarkar et al., 2004). Indian 

Ocean Dipole (IOD) is a dipole variability in the sea surface temperature over the 

eastern and western Indian Ocean, the positive IOD (lower SST anomaly over the 

eastern Indian Ocean) causes the significantly higher rainfall over the Indian 

subcontinent, lower rainfall during negative IOD (higher SST over eastern Indian 

Ocean; Gadgil, 2003). Madden Julian Oscillation (MJO) is 30-60 days cycle associated 

with eastward-moving deep convecting clouds with average speed of 5 m/s (Madden 

and Julian, 1972). During the course of these events clouds pass through the Indian 

Ocean causing significant amount of rain over the subcontinent. Previous studies have 

shown the active and break monsoon periods are associated with the eastward-moving 

deep convective clouds of the MJO cycle (Rajeevan et al., 2010; Singh and Bhatla, 

2019). 

1.10 Scope of the present work 
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δ18O-S relation in modern seawater is one of the best tools for predicting and 

understanding the past variability in the oceanic conditions over the Indian Ocean. 

Results available so far on δ18O-S relations are mostly based on studies that are limited 

in sampling and also have poor spatial and temporal coverage (Achyuthan et al., 2013; 

Deshpande et al., 2013; Duplessy, 1982; Singh et al., 2010; Srivastava et al., 2007; 

Tiwari et al., 2015). To establish δ18O-S relations, it requires new efforts using a large 

number of seawater samples; it will provide a better understanding of the signatures of 

the high-resolution variability (in time and space both) of monsoon over the Indian 

Ocean. Most of the previous studies on δ18O-S calibration were based on the limited 

number of water samples, which were collected during single cruise or a season. Some 

of the earlier results have shown that monsoon has weakened from the early Holocene 

to the present (Fleitmann et al., 2003; Gupta et al., 2003), however, contrary  to it, few 

others have reported strengthening of the monsoon for the same time period (Kudrass, 

2001; Saraswat et al., 2013; Sarkar et al., 2000). These contradictory inferences on 

Indian monsoon variability need to be understood at the regional to the subcontinental 

scale. Except few studies, in most of the earlier work, sampling was confined to the 

shallow water levels (up to 50 m); however, it may not represent the deepwater δ18O 

and δD signatures which maybe just different (Sengupta et al., 2013; Singh et al., 2010; 

Srivastava et al., 2007; Tiwari et al., 2015). This prompts a need to understand the 

present δ18O and δD variability with depth, and representative δ18O-S relations and 

regional differences among these relations. If found to vary with depth, then it becomes 

essential to understand different processes and factors causing those variabilities and 

its implication for the paleoclimate reconstructions. 

Very few studies have reported changes in the surface ocean dynamics in the Indian 

Ocean based on δ18O of planktonic foraminifera (Da Silva et al., 2017; Sijinkumar et 

al., 2016; Singh et al., 2016). Reconstruction of the upper ocean dynamics and its 

understanding is essential for prediction of the effects, quantitatively, induced by global 

climate change in the future.  In addition to the long-term (a few thousands of years) 

variations, it has been well established that the coupled ocean-atmospheric processes 
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occurring at shorter time scales also affect Indian monsoon significantly (Ashok et al., 

2004; As-syakur et al., 2014; Gadgil, 2007; Gadgil and Gadgil, 2006; Joseph et al., 

2009; Rajeevan et al., 2012). The ability in monsoon prediction (days to seasons) by 

the dynamical and complex models remains low, partly due to lack of our complete 

understanding of the monsoon system and our inability to model the interactive 

processes that govern it (Wang et al., 2015). Dynamics of the Indian monsoon system 

over spatial and temporal scales need to be studied in response to different ocean-

atmospheric coupled processes, and they are required to be tested against high-

resolution paleoclimate reconstruction from terrestrial and ocean-based archives.  

Based on the knowledge gaps in the current understanding of the stable isotopic 

composition of the modern seawater and paleoclimate reconstruction of monsoon and 

surface ocean dynamics, three broad objectives were aimed.  

Broad Objectives: 

 Paleomonsoon reconstruction based on sedimentary records of the Indian 

Ocean. 

 Understanding δ18O and δD variations in the modern water over the Indian 

Ocean. 

 Spatio-temporal variability of the Indian monsoon with respect to the coupled 

ocean-atmospheric processes. 

Specific Objectives: 

 Spatial and temporal variations of δ18O and δD in the surface water of the northern 

Indian Ocean. 

 Quantifying effects of surface current, precipitation and river runoff on isotopic 

variations in the surface seawater of the Indian Ocean. 

 Studying sediment core from various locations of the Indian Ocean for a better 

understanding of the past spatial variability in the upper oceanic conditions. 

 Paleomonsoon reconstruction based on oxygen isotopic variations in foraminifera.  
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 Reconstruction of past upper-ocean water conditions based on the depth habitat of 

foraminifera. 

 Synthesis of already available multiple data sets to get a comprehensive picture of   

monsoon variability over the Indian subcontinent.  

1.11. Outline of the Thesis 

 Chapter-1: Introduction: 

This chapter gives a brief introduction of the contemporary Indian 

oceanography conditions, general aspects of stable isotopes, and the concept of 

isotope fractionation. A summary of previously published work on δ18O 

variation in deep-sea sediment cores and reconstruction of summer monsoon 

variability is also presented. Broad and specific objectives of the thesis are 

included. 

 Chapter-2: Materials and Methods: 

In this chapter, details on study areas and sampling locations are discussed. 

Analytical techniques and methods for measuring the stable isotopic 

composition of various materials (seawater, carbonates, and bulk sediment) are 

presented. Many types of data used in this thesis work are also described. This 

chapter also briefly addresses the radiocarbon measurement technique. 

 Chapter-3 Seawater δ18O and δD dynamics in the northern Indian Ocean: 

This chapter discusses the current stable isotope systematics (δ18O and δD) of 

the north Indian Ocean and the effect of the monsoon on stable isotopic 

compositions. Variability on spatial, vertical, and temporal scales in   δ18O and 

δD values and their implications on the interpretation of the reconstructed data 

is also presented. 

 Chapter-4 Paleoceanography and paleoclimatology of the northern Indian 

Ocean: 
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Monsoon reconstructed based on the analysis of three deep-sea sediment cores, 

and a new approach to interpreting past upper-ocean conditions are presented 

in this chapter. 

 Chapter-5: ISM variability and teleconnection with Global processes: 

understanding from instrumental and paleoclimate data 

Indian monsoon and its spatial and temporal distribution in the modern context 

are discussed. Variability in response to the coupled ocean-atmospheric 

processes and its implications in interpreting reconstructed data is discussed. 

 Chapter-6: Synthesis and scope for Future work 

This chapter highlights the significant results of this thesis work. Insight into 

future potential research aspects is presented. 
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The core objective of this thesis work is to understand the present and past-monsoon 

variability using stable isotopes in the modern seawater, and carbonate samples of 

deep-sea sediment cores from the northern Indian Ocean. Following sections of this 

chapter will discuss the sampling and measurement techniques:  

2.1 Sample collections for this work 

2.1.1 Seawater samples  

A large number of seawater samples (n = 453 samples) from the surface and subsurface 

layers were collected from the northern Indian Ocean to understand stable isotope 



42 | P a g e  

 

composition and their relation with the monsoon variability in the modern period 

(Figure 2.1). The sub-surface water samples (up to 1000 m) were collected during two 

different cruises (SK-355 and SK-359, respectively) over the northern Indian Ocean.  

 

Figure 2.1: Location of surface and subsurface seawater samples collected during three 

different research cruises. Sagar Sampada: SS-349-Leg-II (April-2016); SS-355 (December-

2016 to January-2017) and SS-359 (April-2017). 

For understanding a high-resolution spatial variability of different processes, we have 

divided the northern Indian Ocean into three regions: the Arabian Sea (45°-78°E/5°-

25°N), Bay of Bengal (5°N-22°N/78°-92°E) and the Andaman Sea (92°E-100°E/5°N-

20°N). A total of 330 surface water samples (depth ≤ 1m), and 140 subsurface water 

samples were collected during April-2016, December-2016 to January-2017 and 

during April-2017 (Figure 2.1) onboard FORV Sagar Sampada (Figure 2.2) cruises 

SS-349-Leg-II, SS-355, and SS-359, respectively from the northern Indian Ocean.  
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Figure 2.2: All the water samples were collected onboard FORV Sagar Sampada. 

Surface water samples were collected using a bucket thermometer sampler (Figure 

2.3b). A thermometer is mounted inside it for measuring the water sample temperature. 

The container to collect seawater samples is made of oil-proof rubber barrel, so 

occasional collisions against the side of the ship are damped. Subsurface water samples 

were collected using conductivity-temperature-depth (CTD) rosette (Figure 2.3a) at 

specific depths (from the surface to about 1000 m water depth) over the Arabian Sea 

and off the Andaman Islands. Onboard FORV Sagar Sampada (SS), a CTD rosette 

fitted with twelve Niskin bottles (10L capacity each) are available. The rosette is tied 

with a strong iron cable attached to a winch on board that can be dropped up to ~3000 

m. Temperature of the subsurface samples was measured by sensors mounted on rosette 

sampler (temperature, salinity, depth, fluorescence, dissolved oxygen, and 

Photosynthetically Active Radiation: PAR).  
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Figure 2.3: a) CTD rosette used for collecting seawater samples at specific water depths b) 

bucket thermometer instrument was used to collect surface water samples all along the cruise 

track c) collected seawater samples were preserved in the narrow neck airtight TARSON® 

bottles (15 ml). 

All the surface and subsurface seawater samples collected were divided into two 

aliquots and then transferred into clean and dry narrow-neck and air-tight bottles 

(TARSON®, 15 ml volume, Figure 2.3c). These bottles were filled until they started 

overflowing, to avoid air bubbles in these. One aliquot of each sample was tightly 

closed and wrapped with the Teflon tape to avoid any loss of water through evaporation 

and stored in the sample repository maintained at 24 ± 1 °C for isotopic analysis at a 

later stage. The other aliquots were used for on-board salinity measurements using 

Auto Salinometer.  

The Auto Salinometer (AutoSal®) is an instrument that measures the salinity of 

seawater based on the conductivity ratios and provides highly reproducible results (± 

0.001, Figure 2.4a). It has a unique continuous flow system where the seawater sample 

is extracted from the sample bottle at low air pressure. The flow system is maintained 

at a stable temperature by a heated water bath; the water flow rate and bath temperature 

can be set manually. Before measuring salinity of the seawater sample, the flow system 

is rinsed twice with the same seawater sample to avoid the contamination of the 

previous sample (or memory effect). Each sample takes about less than 1 min for a 
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single measurement; all samples were measured thrice, and the mean value was taken 

as the final estimate of the analysis (standard deviation ~ ±0.001). A very small quantity 

of sample was required for all the measurements (~ 0.5-0.8 ml). The values of the bath 

temperature, conductivity ratio, and corresponding salinity were displayed on the 

machine.  

International Association for the Physical Sciences of the Ocean (IAPSO) has 

recognized seawater with salinity 34.995 and conductivity ratio (K15) 0.99987 as an 

international standard (Figure 2.4b). This standard was used to check the accuracy  of 

the estimated salinity during measurements (Figure 2.4b; Srivastava et al. 2007). 

 

Figure 2.4: a) Salinometer (AutoSal) onboard Sagar Sampada used for salinity measurements 

of the collection surface and subsurface seawater samples. b) IAPSO standard seawater salinity 

standard used for calibration of Auto-SAL. 

2.1.2. Deep-sea sediment cores  

Three sediment core samples from the northern Indian Ocean (Table.2.1) were studied 

in this thesis work:  1) from the Andaman Sea (SK-234-60), 2) from the northern 

equatorial Indian Ocean off Tuticorin (SK-151-A/3) and 3) from the western BoB off 

Krishna river basin (SK-336-GC-I). 
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(i) A ~4 m long sediment core sample SK-234-60  (from the Andaman Sea) was 

studied for understanding the paleomonsoon and upper oceanic conditions 

variability based on the δ18O of shells of planktonic foraminifera species 

(Awasthi et al., 2014).      

(ii) The ~6 m long sediment core SK-151-A/3 was collected from the equatorial 

Indian Ocean (off Tuticorin) during ORV Sagar Kanya 151 expedition in 

March-2000. The sediment core was subsampled at 2 cm interval in the upper 

100 cm section, after that at 4 cm interval till 6.07 m at the base. Top 15 cm of 

the core was lost during the time of the core recovery process at the deck of the 

ship. 

(iii) The sediment core SK-336-GC-I was collected from the western Bay of 

Bengal (off Krishna river basin) during ORV Sagar Kanya 336 expedition in 

December 2016. This 4.85 m long sediment core was subsampled at 5 cm 

interval along the entire length of the core. The top portion of the core is 

observed to be dominantly clay /mud, while after 50 cm, it is semi-solid or 

paste-like in nature. From top towards the bottom, color changes as:  for 0-60 

cm, greyish brown; for 0-100 cm, light gray; for 100-485cm, blackish gray. Top 

part in this core was intact, and hence the modern sediment material could be 

analyzed. 

Table 2.1: Details of the three sediment cores studied in this work.  

S.No Sample Latitude 

(°N) 

Longitude 

(°E) 

Water depth Core length 

1. SK-234-60 

(the Andaman 

Sea) 

12º 05’ 46” 94º 05’ 18” 2000 m 4.00 m 

2. SK-151-A/3 

(equatorial Indian 

Ocean) 

08º 49’ 70” 78º 51’ 30” 440 m 6.07 m 
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3. SK-336-GC-I 

(the Bay of 

Bengal) 

15º 32’36” 81º 34’93” 2030 m 4.85 m 

2.2. Methods to separate foraminifera species   

Separation of planktonic and benthic foraminifera species was done from 5-10 g of 

sediment sample taken from each slice. Each sample was soaked in a solution for the 

overnight period (6-7 hrs); prepared using Milli-Q water, sodium hexametaphosphate, 

sodium hydroxide pellets in which 3-4 drops of hydrogen peroxide (H2O2 ~30%) were 

added for removing the clay particles. The soaked sediment was transferred to a sieve 

of 63μm size, and wet sieving was done with a continuous flow of Milli-Q water. 

Sieved samples were then transferred to a clean beaker, and after 10-15min of ultra-

sonication, these were kept in an oven at 60 ºC for drying for an overnight period. The 

dried samples were further sieved (dry sieving) through a 250 μm size sieve. Later, 

identification and picking of the planktonic and benthic foraminifera species in the lot 

(greater than 250 μm sizes) were carried out under zoom type stereo-microscope; these 

were used for the isotopic analysis (Figure 2.5a).  

Two species of planktonic foraminifera (Globigerina ruber and Globorotalia 

menardii) were separated for oxygen and carbon isotopic analysis (Figure 2.5b; Table. 

2.2).  
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Figure 2.5: a) Stereo-zoom microscope (model no: LABOVISION-AZM 100) used for 

separating planktonic and benthic foraminifera b) Two different planktonic foraminifera 

species and one benthic (Source: https://www.foraminifera.eu/singleca./) separated from the 

sediment cores. 

Table 2.2: The foraminifera species separated from the two sediment cores and used for the 

isotopic analysis in this study. 

S.No Sample Planktonic Benthic 

1. SK-151-A/3 G. ruber, G. menardii Uvigerina perigrina 

2. SK-234-60 G. ruber, G. sacculifer, G. menardii none 

Additionally, a benthic foraminifera species (Uvigerina perigrina; Figure 2.5b) was 

also separated; it is an infaunal species that live at the interface of the seawater-

sediment surface at the ocean bed. During their life cycle, these secrete calcium 

carbonate by taking dissolved ions from the ambient seawater and form a shell around 

their body, the isotopic composition of a shell can be used to infer the seawater 

temperature conditions during the past (when it was formed).  

2.3. Instruments to measure stable isotope ratios  

 2.3.1. The isotope ratio mass spectrometer (IRMS) 
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Isotope ratio mass spectrometry (IRMS) is a widely used technique in various 

disciplines where a change in the composition of stable isotopes has significant 

application. Ratio of stable isotopes in different samples (seawater, rainwater, bulk 

sediments, and carbonates) were measured in the IRMS having a gas type source. 

IRMS instrument works on the principle of detection of mass to charge ratio, as shown 

in a schematic diagram (Figure 2.6a). A mass spectrometer has three main components: 

1) source, where a sample is ionized, 2) analyzer, which separates different 

isotopologues usually by a strong magnetic field, and 3) detector, where isotope ratios 

are measured. Faraday cups are the commonly used detectors in most of the modern 

IRMS. IRMS can accurately and precisely measure ratios of abundances of different 

isotopologues, and hence isotopic ratios of elements C, O, and H, which are 13C/12C, 

18O/16O, and D/1H are routinely measured by such machines. Ratios of these isotopes 

are reported relative to international standards. 

Ion Source: 

The sample for which isotope ratio is to be measured is converted into suitable gas first 

(e.g., in CO2 form for 13C/12C, 18O/16O measurements, and in H2 form for D/1H 

measurements). Ion source consists of a chamber, where a thorium coated tungsten 

resistance emits electron as it is heated when about 1.5 A current is passed through it. 

Emitted electrons collide with the sample gas (CO2 or H2) and ionize them with high 

efficiency. In order to increase ionization efficiency, the magnetic field is applied to 

make the path of the electrons as a spiral. Positively ionized gas molecules (singly 

charged) are then accelerated by high voltage (~2.5 kV) potential difference applied 

between the source and analyzer. Later, the positive ion beam is focused using 

collimating plates into the analyzer. 

A molecule with charge (q) under accelerating voltage (V) gains kinetic energy:  

                                                 qV= ½ mv2       ---------------------------------  (1) 

(m= mass of the molecule and v= velocity with which it leaves the source chamber) 
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Analyser (magnetic Chamber): 

When a charged molecules of (CO2, H2) in the form of a single charged positive ions 

enter into the magnetic chamber, it will be separated based on the mass to charge ratio. 

In the case of CO2 ions, three dominant beams with masses 44, 45, and 46 amu (atomic 

mass unit, corresponding to mainly 12C16O2, 
13C16O2, and 12C16O18O) are produced. 

These ions follow curvilinear paths owing to the Lorentz force. This force is balanced 

by the centripetal force on the ion beam entering perpendicular to the direction of the 

magnetic field (B): 

                                               q (v × B) = mv2/r   ------------------------------- (2) 

Using equations 1 & 2: 

                                             r2 = [(2Vm) / (B2q)]  ------------------------------ (3) 

The radius of curvature (r) of the singly charged ion is directly proportional to the 

square root of its mass (Eqn-3) when all other (V, B, and q) are constant (Faure, 1977; 

Potts, 2012). The ions with more mass (12C16O18O = 46) are detected into a path of a 

higher radius of curvature compared to that of the lighter mass (12C16O2 = 44). 

Detector:  

The currents generated due to ion beams are measured using Faraday cups (detectors), 

which are connected to very high resistances (~ 109 Ω). Faraday cups are metal cups 

where ions collide inside and give up their positive charges and kinetic energies, and 

become neutral. This produces currents that are passed through the external high 

resistance resistors. In IRMS, the voltage across the resistance produced by ions is 

measured. This is proportional to the number of ions entering into the Faraday cup 

(detector) per unit time. 
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Figure 2.6a: Schematic diagram of the isotope ratio mass spectrometer (IRMS). Source: 

(Clark and Fritz, 1997). 

 

Figure 2.6b: Delta-V plus IRMS aided with a Gasbench at Physical Research Laboratory, 

Ahmedabad.  
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Based on the sample type and the isotopes of interest, different peripherals are 

connected to the IRMS (Figure 2.6b), for example, Elemental Analyzer for organic 

carbon and nitrogen isotope ratio measurements and Gasbench for oxygen, carbon, and 

hydrogen isotope ratio measurements in carbonate and water samples (Figure 2.7). 

2.3.2 External peripherals 

(A) Gas bench: is an external peripheral connected to the IRMS to inject  sample- CO2 

for measuring δ18O in water samples and δ18O and δ13C in carbonate samples, and to 

inject sample-H2 to measure δD in water samples (Figure 2.7a). The preparation 

method for water and carbonate samples is different. There are two main sections in a 

Gasbench:   

(i) A sample introduction system (sample tray): 

The sample tray is a container where samples for analysis are kept; a total of 88 

samples can be mounted, which can be measured in one single batch run. 

Depending upon the sample type (water or carbonate), temperature of the 

sample tray is adjusted. For water samples, the tray temperature is fixed at 24 

(±0.5) ºC (room temperature) to avoid samples, evaporation during 

measurements. Similarly, for carbonate samples, tray temperature is fixed at 72 

(±0.5) ºC. 

(ii) Gasbench (GC column):  

The gas released or equilibrated with the sample is transferred to the Gasbench 

(discussed in section 2.4.1). However, the released or equilibrated gas might 

also contain the water vapor along with the gas. This water is removed by the 

transfer of sample stream by a gastight but hygroscopic Nafion® tubing. A 

resulting dry gas (such as CO2 + He; H + He) flow toward the Valco loop and 

then is transferred to the Gas-chromatograph (GC) column. GC column 

separates different gas compounds released from the sample loop, e.g., N2, H2, 
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and CO2. The compounds eluting from the GC column are transferred through 

the Nafion® guard trap via open split into IRMS. 

(B) Elemental Analyser (EA): 

Ratio of stable isotopes of Nitrogen (δ15N) and carbon (δ13Corg) in organic 

material are measured using Elemental analyzer with an interface Conflo VI to 

Delta V plus IRMS (Figure 2.7b). Sample packed in the ultraclean tin capsule 

is injected into a high temperature (1020°C) furnace and combusted in pure 

oxygen under inert conditions. The released gases are passes through 

specialized reagents (chromium oxide, silver cobaltous oxide) to produce 

carbon dioxide (CO2), water (H2O), and Nitrogen (N2) and oxides of nitrogen 

(NOx). These gases are further passed to the reduction column (contains copper 

granules) with the help of helium gas (carrier gas), where oxides of nitrogen are 

reduced to N2. The final output will be the mixture of N2, CO2, and H2O; later, 

moisture is trapped by the magnesium perchlorate column. The gas mixture (N2, 

CO2) was then passed through GC column, where each gas was separated based 

on their properties and retention time. The separated gas was later introduced 

in the Delta-V plus IRMS through Conflo VI, and finally, the isotopic ratios of 

nitrogen and carbon in the samples are measured. 
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Figure 2.7: External peripherals of IRMS a) sample tray and Gasbench b) Elemental Analyzer. 

c) Delta V plus-IRMS.  

2.4. Stable Isotope ratio measurements and techniques 

2.4.1. δ18O and δD measurements for seawater samples: equilibration method 

Oxygen (δ18O) and hydrogen (δD) isotope ratios measurements of water samples 

collected during different cruises were done at Physical Research Laboratory, 

Ahmedabad. The measurement method involves equilibration of external reference gas 

with the sample water (Epstein and Mayeda, 1953). About 0.3ml of the sample water 

(seawater) were taken in 12 ml quartz vials fitted with vacuum-tight caps (Figure 2.8a). 

Each vial was flushed for ~10 mins (for δ18O measurement, flushed with He + CO2 

mixture with composition of 0.2% CO2 and remaining He; similarly, for δD 

measurement, flushed with He + H2 with ~2% H2 and remaining He). The flushed 

sample vials (which contain He+CO2 for δ18O measurements and He + H2 for δD 

measurements) were kept for isotopic exchanges until the equilibrium condition was 

achieved (Figure 2.8b). During this, exchange of isotopes between the two phases (i.e., 

gas-water) takes place, and after sufficient time forward and reverse exchange process 

reaches to equilibrium condition; in which flush gas in the vial is labeled with a definite 
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‘δ’ value. After equilibrium condition is achieved, ‘δ’ will not change further, even if 

the time for exchange is extended. ‘δ’ values will have some effect relative to the actual 

isotopic composition of water sample. However, since the laboratory standard also 

passes through the same procedure, estimation of the offset value is not required.  

Equilibration time is different for both δ18O and δD measurements; for δ18O it is ~18 

hrs, and for δD measurement, it is ~1 hr when catalyst needles (unique and patented by 

Thermo) are used. The catalyst used is the platinum-coated needle; these are used to 

achieve the equilibrium in a short time (1hr). They activate the flushing gas, and quick 

exchange of hydrogen isotopes take place. The equilibrated gas is then transferred to 

the IRMS through the GC column for isotope ratio measurements (Figure 2.8a). The 

final raw values of δ18O and δD were then converted to the values with respected to the 

international standards. Reproducibility of measurements was better than 0.1‰ for 

δ18O and 1‰ for δD.  

 

Figure 2.8: Schematic diagram of a) external Gasbench and b) pathways of flushing gas (He 

+CO2) and the equilibrated gas flow to the Gasbench (for δD measurements the flush gas is 

He+H2). Source: redrawn from ThermoFisher Manual. 

Inter-laboratory calibration  

Precision and accuracy of the measurements were consistently monitored by using an 

internal laboratory water standard (called ‘NARM’ with a δ18O of -4.1‰ and δD of -
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32.13‰ relative to Vienna Standard Mean Ocean Water (VSMOW), along with 

samples in each batch, (‘NARM’ for Narmada water is frequently calibrated with 

VSMOW to reconfirm its δ18O and δD values). Different international standards are 

used as a reference based on the sample type and their location (Table. 2.3a). 

Table 2.3a: List of the international standards used for stable isotope ratio measurements in 

water and carbonate samples for calibrating in the present work. 

S.No International Standard Reported Values 
Sample Types 

(Location) 
Reference Standard 

1. VSMOW 
δ18O = 0 

δD = 0 

Water 

(tropical) 
VSMOW 

2. SLAP 
δ18O = -55.50 

δD = -428.0 

Water  

(high latitude) 
VSMOW 

3. GISP 
δ18O = -24.8 

δD = -189.5 

Water  

(high latitude) 
VSMOW 

4. NBS-19 
δ 13C = 1.95 

δ 18O = -2.20 
Carbonates VPDB 

The Narmada river (located in Madhya Pradesh and Gujarat) water was used as a 

secondary standard (prepared in PRL stable isotope laboratory for δ18O and δD 

measurements) for water samples (rainwater, seawater, and moisture) and calibrated 

with the international standards procured from International Atomic Energy Agency 

(IAEA). Every two years, worldwide Inter-laboratory comparison exercise is organized 

for IRMS labs, by the Isotope Hydrology Laboratory at IAEA, Vienna. In this exercise, 

some water samples (with unknown isotopic compositions) are provided, and estimated 

results are communicated back to IAEA. PRL IRMS laboratory participated in the 

inter-laboratory comparison exercise conducted during 2016, and the values measured 

by the PRL IRMS lab are in good agreement with the IAEA reported consensus values 

(WICO-1 to 8; Wassenaar et al. 2018) within ±0.1‰ for δ18O and 1‰ for δD (Table 

2.3b). 

Table 2.3b: Measured values in PRL-IRMS and reported values by IAEA during the 2016 

international inter-laboratory comparison exercise. 
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S.No Sample 
Measured δ18O 

(PRL) 

Reported δ18O 

(IAEA) 

Measured δD 

(PRL) 

Reported δD 

(IAEA) 

1. WICO-1 -10.9 ± 0.05 -10.80 ± 0.02 -77.2 ± 0.5 -77.4 ± 0.9 

2. WICO-2 -5.2 ± 0.07 -5.11 ± 0.03 -42.2 ± 0.5 -41.7 ± 1.1 

3. WICO-3 -22.0 ± 0.07 -22.01 ± 0.05 -167.1 ± 0.6 -168.3 ± 1.0 

4. WICO-4 -0.7 ± 0.05 -0.50 ± 0.05 -0.7 ± 0.7 0.5 ± 1.1 

5. WICO-5 -15.8 ± 0.07 15.68 ± 0.02 -113.7 ± 0.7 -114.3 ± 1.1 

6. WICO-6 -41.2 ± 0.05 -41.41 ± 0.04 -319.6 ± 0.6 323.7 ± 0.9 

7. WICO-7 5.4 ± 0.04 5.61 ± 0.08 53.2 ± 0.6 55.7 ± 1.6 

8. WICO-8  -3.45 ± 0.10  -17.6 ± 1.2 

2.4.2. Isotope analysis for Carbonate Samples (Foraminifera species)  

Pre-processing steps (discussed in Section 2.2 and Figure 2.9) are required before δ18O 

and δ13C analysis of foraminifera shells. About 200–300 μg of each subsample of 

planktonic foraminifera G. ruber (white), and G. menardii were transferred to 12 ml 

quartz vials fitted with vacuum-tight caps. Later, each tube was flushed with He gas 

for 10 min (~ 100 ml/min), once all the vials (88 tubes in a run of one batch) were 

flushed, ~0.1 ml of 100% ortho-phosphoric (H3PO4) acid was added in all the vials and 

kept for ~1 hour for complete dissolution-reaction of carbonate samples, this produces 

sample CO2. The temperature of the sample tray is maintained at 72 (± 0.5) ºC. The 

CO2 gas is then injected into the Delta-V plus-isotope ratio mass spectrometer (IRMS) 

via Gasbench. Makrana Marble (MMB), a secondary laboratory standard, was 

(prepared in PRL stable isotope laboratory) placed in between the samples at regular 

intervals for monitoring the precision and accuracy of the measurements. MMB is a 

99.99% pure CaCO3, a large piece of marble collected from Makrana village in 

Rajasthan. The external precision (1σ) was better than ±0.08‰ for both δ18O and δ13C. 
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Figure 2.9: Steps involved from sample collection to the final stage of stable isotope 

measurements. 

2.4.3. δ18O, δD, and δ13C calculations for water and carbonate samples 

The raw data of δ18O, δD, and δ13C obtained for different samples (seawater, bulk 

sediment, and carbonates) are estimated relative to the laboratory standards (NARM 

and MMB). These need to be converted to values relative to the international standards 

such as Vienna Pee Dee Belemnite (VPDB) for oxygen and carbon in carbonates and 

Vienna Standard Mean Ocean Water (VSMOW) for oxygen and hydrogen in water.  

For converting the values relative to the laboratory standards to those relative to the 

international standards, the following equations were used (Clark and Fritz, 1997): 

δ18O(Sample-VPDB) = δ18O(MMB-VPDB) + δ18O(Sample-MMB) +[δ18O(MMB-VPDB) × δ18O(Sample-MMB)×10-3] 

δ13C(Sample-VPDB) = δ13C(MMB-VPDB) + δ13C(Sample-MMB) +[δ13C(MMB-VPDB) × δ13C(Sample-MMB)×10-3] 

MMB has been calibrated with respect to the International standard (VPDB), and the 

values are: 

δ18O(MMB-VPDB) = -10.7‰,  

δ13C(MMB-VPDB) = 3.9‰,   
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For δ18O and δD of water samples, the conversion equations remain the same; however, 

instead of ‘VPDB’ it is replaced by VSMOW, and ‘MMB’ is replaced by ‘NARM,’ the 

estimated values are: 

δ18O(NARM-VSMOW) = -4.1‰ 

δD(NARM-VSMOW) = -32.1‰ 

In the above discussion, the procedure on the conversion of raw data, reported relative 

to laboratory standard to the international standard, was given. Some more aspects of 

the raw data are important and hence presented below: 

Corrections are required to account for some of the isobaric contributions from several 

other isotopologues, which have contributions to the masses detected at Faraday cups, 

although low but not insignificant during δ18O and δ13C measurements. Similarly, for 

analysis of δD, it requires H3+ (H3+ ion) interference correction. 

Craig correction: The masses 45 and 46 of CO2 has a small contribution from very 

small abundant isotopes 13C and 17O. During the conversion of molecular ratios into 

atomic ratios to estimate δ18O and δ13C, a correction is required to remove the effect of 

13C16O17O from 12C16O18O (δ18O), which is called Craig correction (Craig, 1957): 

δ13C = 1.0676δ45 – 0.0338δ46 

δ18O = 1.0010δ46 – 0.0021δ45 

Where δ45, δ46 are current rations expressed as 45CO2/
44CO2 and 46CO2/

44CO2, [
45CO2: 

13C16O2, and 46CO2: 
12C16O18O], respectively. 

H3 correction: During ionization, H3
+ (H2

+
 + H2  H3

+ + H*) ions are also produced 

and get measured along with HD+ ions. The formation of H3
+ ions are directly 

proportional to the concentration of H2
+ ions. By calculating (HD+ +  H3

+)/H2
+ ratio for 

different H2
+ ion currents, the effect of the H3

+ ions can be accounted, and suitable 

correction can be applied (Sessions et al., 2001). 
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2.4.4. δ15N and δ13Corg measurements for the bulk sediment 

Analysis of δ15N and δ13Corg for the bulk sediment and sample preparation steps are 

different. Each bulk Sediment subsamples were dried at 60ºC for 24-36 hrs before 

measuring for δ15N and δ13Corg in the elemental analyzer (EA). Completely dried 

samples were grounded (very fine) for homogenous mixing and then divided into two 

aliquots, one for δ15N and another for δ13Corg measurements. Known amount of samples 

packed in ultraclean tin capsules were dropped inside a heated reactor which contains 

an oxidant such as copper oxide and chromium oxide and combusted at 1020 ºC to 

produce N2, NOx, H2O and CO2 which were trapped and reduced in a stream of helium 

in the reduction column (oxides of nitrogen were reduced). Both δ15N and δ13Corg 

measurements were performed on Delta V plus IRMS attached to EA through Conflow 

IV. 

Elemental concentrations of N (weight %) and Corg (weight %) in bulk sediment 

samples were calculated using a calibration curve (straight line) generated based on 

international standards of known %C (IAEA-CH-3 cellulose standard, 44.40 %) and 

%N (such as protein: 13.32 % and IAEA-N-2 ammonium sulphate: 22.20 %) against 

area under the curve using the same EA. These known international standards isotopic 

composition IAEA-N-2 (20.3‰) and IAEA-CH-3 (-24.7‰) values are used for the EA 

stability and precision monitoring for δ15N and δ13Corg measurements, respectively. 

(i) δ15N measurement in Sediment samples:  

The finely powdered sediment samples were weighed in tin capsules (around 

~30-40 mg of sediment). These tin capsules with sediment samples were tightly 

packed without any atmospheric air inside. Then these capsules were mounted 

in the auto-sampler tray of EA, which introduced these samples periodically 

one after another to the combustion chamber of the Elemental Analyser to 

produce sample N2 for δ15N measurements. The δ15N measurements are 

reported in per mill (‰) with respect to the Air-N2 (atmospheric nitrogen 
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isotopic composition as standard), and analytical precisions obtained were 

better than 0.3‰.  

             δ15N = (Rsample/Rstandard – 1) × 1000; for nitrogen isotopes: R=15N/14N 

(ii) δ13Corg measurement in Sediment samples:  

To measuring δ13Corg of the samples from sediment cores, firstly, removal of 

inorganic carbon by the de-carbonation method was performed. Each dried 

fine-grained sediment sample was acidified with 2M HCl and heated at 80ºC 

for overnight (~14 to18 hrs). These decarbonized samples were then rinsed with 

Milli-Q water in the centrifuge machine for two to three times to remove acid 

traces (Nieuwenhuize et al., 1994). Later samples were dried in the oven at 

60ºC. The dried specimens were then packed in ultraclean tin capsules (~2- 5 

mg) and mounted in the EA-autosampler for estimation of δ13Corg.  

2.5. Radiocarbon (14C) dating 

In paleoclimate studies, the most important parameter after the proxy-based data (stable 

isotopes) is the chronology. The age of a sample can be obtained by various dating 

methods depending upon the sample type and the maximum age to be determined. 

Radiocarbon dating is a method of estimating the age of a sample by measuring 

concentration of the remaining 14C (radioactive isotope) against its known half-life 

(Arnold and Libby, 1949; Hua, 2009; Libby et al., 1949). 14C radiocarbon dating works 

on the principle of balance between the continuous production of 14C in the atmosphere, 

due to the high energy cosmic ray interaction with the 14N, and losses due to radioactive 

decay. The newly produced 14C in the upper atmosphere is oxidized and forms CO2 

and mixes with the atmospheric CO2.  It is exchanged continuously in the living entities 

of carbon reservoirs (e.g., trees, animals, oceans, different organisms in aqueous 

systems, humans). Once these entities are disconnected from exchange process (when 

the life span, in case of animals, humans and different living species is over, by natural 

or artificial reasons), the 14C present in these object at the time of disconnection with 
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atmosphere starts decaying with a half-life of 5730 years to 14N (Hua, 2009; Petrucci 

et al., 2017). The production and decay are as follows: 

                     Production:        𝑁7
14 + 𝑛0

1 → 𝐶 + 𝑝1
1

6
14  

                     Decay:                𝐶6
14 → 𝑁7

14 +β-+𝑣̅ 

Information of the half-life of 14C, along with the current ratio of 14C to 12C, helps 

determine the age. The specific activity in pre-industrial times was 13.56 dpm (gC)-1, 

dpm stands for decay per minute; this is taken as a reference value for modern activity. 

Accelerator Mass Spectrometry (AMS) is a highly sensitive technique that can be used 

to estimate ratio 14C/12C in milligram level carbon samples (Bhushan et al., 2019). By 

this method age of a sample can be dated up to 50,000-55,000 years (~8-10 half-lives) 

back in time. 

(14C/12C)t = (14C/12C)0 e
-λt 

Where (14C/12C)t is the residual abundance ratio at time ‘t’ and (14C/12C)0 is the initial 

ratio. ‘t’ is the age of the sample and ‘λ’ is the characteristic decay constant (λ = 

0.693/5730 yr) 

Radiocarbon 14C dating in AMS is carried out in the two-step process: 

(i) Graphitization preparation:  

14C measurements by AMS required the sample transformed into elemental carbon or 

graphite for producing intense, stable ion beams with a negligible memory effect in the 

ion source chamber of AMS. The carbonate samples (foraminifera), which need to be 

dated by AMS for 14C/12C analysis, have to be converted into graphite form. Graphite 

is one of the stable forms of carbon. Before graphitization, the sample carbon needs to 

convert into pure CO2 form. In this thesis work, mixed planktonic foraminifera species 

(G. ruber, G. menardii, G. sacculifer, and Orbulina Univerversa) were used for 

radiocarbon dating. The cleaned (chemically treated for clay and mud removal) mixed 

planktonic foraminifera species were separated from the sediment cores. For 

conversion of carbonate sample to pure CO2, a specially designed glass system 
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developed at Physical Research Laboratory, Ahmedabad was utilized (Figure 2.10). 

Each carbonate (foraminifera) sample weighing around ~ 4 mg was transferred to pre-

cleared dry sample glass reaction tubes (13 mm diameter). The air inside the glass tube 

was removed to avoid contamination from the modern atmospheric CO2; diffusion 

pumps were used to get a good vacuum, better than 1micron of Hg inside the tube. 

Once the atmospheric air was removed, and the maximum vacuum was achieved, 

ortho-phosphoric (H3PO4) acid was injected using a 1ml syringe (about 0.5ml). The 

acid reacts with the carbonate sample and releases CO2. However, along with CO2 other 

unwanted gases may also be released during the reaction (dominantly water vapor) to 

avoid this, the CO2 was transferred in purification steps repeatedly.  

 

Figure 2.10: CO2 preparation system for the carbonate type samples at Physical 

Research Laboratory, Ahmedabad.  

For AMS dating, a pure CO2 prepared from the sample is first converted into graphite 

form. A specially designed graphitization reactor at Radiocarbon Lab, PRL, 

Ahmedabad, uses tubes of 12 cm long, 6 mm outside diameter of quartz tubes. The 

tubes are sealed at one end and specially designed for small-mass samples graphite 

preparation. In one batch, five graphite preparation can be performed on this graphite 

reactor. The pure CO2 is converted into graphite form in the presence of pure metal Fe 

(catalyst) and Zn powders. For preparing graphite of ~ 3mg equivalent C of CO2 gas, 
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~ 4 mg of Fe and ~ 20 mg of Zn is taken in the ultraclean quartz tubes. The Fe and Zn 

powder containing each tubes were then heated for ~1 hr at 300 °C for moisture 

removal. Once this heating was done, the sample’s CO2 is reacted with these catalyst 

metal Fe and Zn powder at 450 °C and 500 °C, respectively. The activated Zn reacts 

with the CO2 and finally precipitated as elemental carbon (or graphite form) on the Fe 

powder.    

Zn + CO2 → ZnO + CO 

2CO → C + CO2 

In the end, ~85- 95% efficiency of sample pure CO2 to C conversion was observed in 

each run. This Fe powder with laminated graphite (of samples CO2) was used for 

further AMS dating. 

(ii) 14C measurement by AMS: 

By AMS method concentration of 14C/12C (also 13C/12C) in a sample to be dated can be 

measured.  The greatest advantage of this method is that it requires a small amount of 

carbon sample (~ 0.3 to 1mg C), and high precision results can be obtained in the 

reasonable machine running time (~1 hr). 

Graphite prepared from the sample was then pressed into a cylindrical cavity of an 

aluminum holder called target. These targets were mounted in the sample carousel, 

which is located in the source part of the AMS (Figure 2.11), later evacuated to high 

vacuum levels (10-5 to 10-6 mbar). In a single run during the analysis, about 50 targets 

can be mounted, including targets prepared from laboratory and international 

standards. The international standards used for estimating modern values were 

OXALIC ACID-I (OX-I) and OXALIC ACID-II (OX-II). Similarly, for background, 

laboratory standards of anthracite and marble materials were used.  

It is well known that the radiocarbon dating of marine shell samples (or marine 

mammal residue) is skewed by the reservoir effect of the oceans. As a result, in most 

regions, marine samples yield radiocarbon ages substantially older than those yielded 

by the terrestrial samples. The 14C ages of marine fossils collected from the surface 
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waters (up to ~ 200 m depth) measured worldwide result in the average age of 400 

years, older than the contemporary terrestrial wood since the reservoir from which 

these foraminifers consume carbon has lower 14C/12C ratios compared to the 

atmosphere. This is due to the mixing of deeper depleted 14C water with surface water 

(Oeschger et al., 1975; Stuiver and Braziunas, 1993). The reservoir ages vary from 

basin to basin, so while calibrating AMS radiocarbon ages (raw data), the reservoir age 

correction is needed for accurate age estimation of the samples. 

In the present study, AMS radiocarbon ages (RAW data) were calibrated using the 

Calib704 software (Stuiver et al., 2017). Dutta et al. (2001) and Southan et al. (2002) 

dated various mollusks to determine the reservoir ages from several sites in the Arabian 

Sea and Bay of Bengal. In the present work AMS 14C dates sedimentary records were 

corrected for 400 year reservoir age following Dutta et al., (2001) and Southan et al., 

(2002) with reservoir age correction ∆R = 60 ± 52 years for the southern AS and ∆R = 

511 ± 57 years for the western Bay of Bengal. 

Ages for the other depths (beyond the 14C dating limit) were assigned by the 

extrapolation of calibrated ages, assuming constant sedimentation rates. In the present 

study, significant changes in the sedimentation rate were observed in the SK-151-A/3 

and SK-336-GC-I cores.  
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Figure 2.11: 1MV-AMS (HV make) installed at Physical Research Laboratory, Ahmedabad. 

Radiocarbon dating for sediment core samples used in this study was carried out using this 

instrument. 

2.6. Other data used in this work 

2.6.1. Satellite Remote Sensing/Reanalysis data 

In this thesis work, I used the Hadley Centre Sea Ice and Sea Surface Temperature 

dataset (HadISST) derived SST data for estimating the SST anomaly over the Niño3.4 

region (170ºW-120ºW/5ºS-5ºN of the central Pacific Ocean) for El-Nino Southern 

Oscillation (ENSO) variability (Rayner et al., 2003). Nino3.4 region is a better 

indicator of changes in the strength of ISM in response to the ENSO than other regions 

(Nino1+2, Nino3 and Nino4), as the maximum influence of SST anomaly for Nino3.4 

on ISM is observed (Kumar et al. 2006; Rajeevan and Pai 2007; Ratnam et al. 2010; 

Annamalai and Liu 2005).  A positive SST anomaly over the Nino3.4 region is 

considered as El-Niño event, for this study I considered threshold temperature for the 

El-Niño and La-Niña episodes as the SST anomaly over the Niño3.4 region is ≥ ± 0.5oC 

(El-Niño ≥ +0.5oC and La-Niña ≤ -0.5oC). The spatial and temporal variation of rainfall 

was studied over the region bounded by 74.5 – 86.5°E, 16.5 – 26.5°N which is known 

as the core monsoon (CM) region, i.e., within which the monsoon trough/ Continental 
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Tropical Convergence Zone (CTCZ) normally fluctuates, and maximum rainfall is 

observed during summer monsoon (Rajeevan et al., 2006). I have used the Global 

Precipitation Climatology Project (GPCP) derived monthly mean rainfall data sets for 

spatial analysis of rainfall over the Indian subcontinent. The GPCP is a merged product 

of the precipitation information available from several sources of remote sensing, land 

observation, radar observation, and rain-gauge data into a final combined single 

product (Adler et al. 2003). GPCP data is available at monthly time scales at 2.5o × 2.5o 

resolution for 1979-2013.  The GPCP monthly precipitation data is available with 

coarse resolution; however, most of the important large scale rainfall and deep 

convection process are able to reproduce and identified in this data in comparison to 

the high-resolution data from Tropical Rainfall Measuring Mission (Saikranthi et al., 

2017). Significance of the correlations was calculated using Student t-test. The 

threshold of the significant correlation is 0.3 (0.35) for 1979-2013 at the monthly 

(seasonal) scale at 95% confidence level. 

2.6.2. Observational data  

In addition to the remote sensing data, I have used the Homogeneous Indian Monthly 

Rainfall Data, a merged product of rainfall data from Indian Meteorological 

Department and Indian Institute of Tropical Meteorology (Kothawale and Rajeevan, 

2017; Parthasarathy et al., 1994, 1993) from the Indian subcontinent over the period 

1965 – 2013 (~50 years). This data is available at 

https://tropmet.res.in/static_pages.php?page_id=53.  

2.6.3. General circulation model simulation data 

In this thesis work, the isotope enabled general circulation model (GCM) derived 

δ18Orain, and rainfall data were used for spatial pattern analysis. The Stable Water 

Isotope Intercomparison Group (SWING) phase-2 provides ten different model-

simulated data on global δ18O of precipitation. Out of all, only few models are able to 

reproduce the spatial and temporal variation of rainfall over the India subcontinent 

(Midhun and Ramesh, 2016). I have used the Isotope General Spectral Model 

https://tropmet.res.in/static_pages.php?page_id=53
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(isoGSM) in this thesis work for understanding the spatial and temporal variation of 

δ18Orain in response to global climatic processes. IsoGSM model-derived data is 

available at monthly time scale resolution with a spatial resolution of 1.914° × 1.875°.  

The isoGSM model simulation data from the SWING2 archive available at 

https://data.giss.nasa.gov/swing2/swing2_mirror/isoGSMnew/. An International 

Atomic Energy Agency (IAEA) in collaboration with the World Meteorological 

Organization (WMO) established the Global Network of Isotopes in Precipitation 

(GNIP) is a program to assess stable isotopes in worldwide global precipitation. The 

IsoGSM derived δ18Orain simulation is the most realistic variability in reproducing the 

monthly variations when compared with the observation of GNIP derived δ18O of 

precipitation over the globe than other models (Yoshimura et al., 2008).The isoGSM 

model-simulated data is available for the period from 1979-2009; detailed information 

is available in Midhun and Ramesh (2016) and Yoshimura et al. (2008). 

2.6.4. Paleoclimate proxy data  

Cave deposits are one of the best continental proxies for the reconstruction of past-

rainfall conditions (Yadava and Ramesh, 2005; Sinha et al. 2007; Berkelhammer et al. 

2010). In this thesis work, two high resolution (annual growth) cave speleothem 

records (previously published data) are used to understand the past spatial variability 

of rainfall over the Indian subcontinent in response to coupled ocean-atmospheric 

processes (such as ENSO and IOD). One record from Jhumar cave (18°52′ N – 81°52′ 

E) located near the town of Jagdalpur in central India and one from Wah Shikar Cave 

(25°15′ N – 91°52′ E) located ∼30 km from the city of Shillong in northeast India 

(Sinha et al., 2011a) were studied. Both the cave locations are affected by the high 

rainfall amount during the JJAS (summer monsoon; Sinha et al., 2011a). The lower 

(higher) δ18O of speleothem infers the stronger (weaker) monsoon conditions. 

In addition to the cave deposit records, high resolution, well-dated marine sediment 

cores from various regions of the northern Indian Ocean were also used to compare and 

understand the spatial variability of past oceanographic conditions and monsoonal 

effect. 

https://data.giss.nasa.gov/swing2/swing2_mirror/isoGSMnew/
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The northern Indian Ocean is comprised of the Arabian Sea (AS) on its western side 

and Bay of Bengal (BoB) & the Andaman Sea on its eastern side. Studying the 

dynamics of the northern Indian Ocean is imperative as it plays an important role in the 

Indian monsoon, which determines the water availability over the Indian subcontinent 

(about AS, BoB, and the Andaman Sea explained in Chapter-1). One of the best proxies 

to study modern and past dynamics of the ocean is its oxygen isotopic composition 

(δ18O) together with the salinity (S). The δ18O composition of sea surface water and its 

relation with S (δ18O‒S relation) are controlled by the major hydrological components, 

i.e., precipitation (P), continental runoff (R), and Evaporation (E), upwelling/advection 

and diffusion (Rohling, 2007). Mixing of oceanic water with runoff, large-scale ocean 

mixing, sea ice, and glacier melting can be studied by the δ18O‒S relation in the surface 
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ocean water (Bigg and Rohling, 2000; Singh et al., 2014). δ18O and S composition of 

the sea surface water covary linearly: both increase with evaporation and decrease with 

higher precipitation and/or continental runoff. As these processes differ 

spatiotemporally, the δ18O–S relation provides evidence of effective physical processes 

(Benway and Mix, 2004). The runoff into BoB and the Andaman Sea from the Indian 

and Myanmar rivers is seasonal with maximum discharge during the summer monsoon, 

which also coincides with excess precipitation over evaporation (positive P+R-E) in 

this region (Prasad, 1997; Subramanian, 1993). Annually BoB is diluted through 

~1.6×1012 m3 yr-1 freshwater discharge from the Ganges, Brahmaputra, Irrawaddy, 

Mahanadi, Godavari, and Krishna rivers (Lambs et al., 2005). River water (glacier melt 

and precipitation) is relatively lower (depleted in 18O) in δ18O for the ocean water, 

which results in making the northern BoB water depleted in 18O compared to the rest 

of BoB (Breitenbach et al., 2010; Singh et al., 2014).  

Application of δ18O, δD, S and their relations (i.e., δ18O–S and δD–δ18O) for 

understanding oceanic processes are well documented, however, the available data 

from BoB were inadequate until now for demarcating these surface processes 

(evaporation, runoff mixing, precipitation, etc.). The δ18O‒S relation is consistent with 

the negative P+R-E (excess of evaporation over precipitation and runoff) in the Arabian 

Sea and positive P+R-E (excess of precipitation and runoff over evaporation) budget 

in BoB (Delaygue et al., 2001; Singh et al., 2014, 2010). Boundary currents, which 

transport low saline water from the northern BoB to the Arabian Sea and vice-versa, 

influence the δ18O‒S relation in the surface ocean water. Besides, tropical cyclones can 

also influence the δ18O of the seawater by depleted 18O precipitation over the sea during 

winter (Chakraborty et al., 2016; Lawrence and Gedzelman, 1996). BoB witnesses 

frequent cyclones during winter (Sahoo and Bhaskaran, 2016), and hence provides a 

natural laboratory for studying the cyclone effect on δ18O. The δ18O of precipitation 

and its influence on δ18O‒S relation during cyclonic events in BoB has not been 

studied. d-excess is used to understand kinetic fractionation during a phase change 

(Dansgaard, 1964). The degree of kinetic fractionation during evaporation is influenced 
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by numerous factors such as relative humidity gradient, air, and water temperature, and 

the evaporative cooling of the water surface (Cappa et al., 2003; Merlivat and Jouzel, 

1979). 

In addition to the above-explained processes, formation of ocean water mass is one of 

the important processes that play a major role in ocean dynamics. Water mass is an 

identifiable body of water with a common formation history that has physical 

properties (temperature, salinity, chemical, and isotopic composition) distinct from 

surrounding waters. Different water masses have been characterized to have a different 

δ18O‒S relation in the central BoB (Sengupta et al., 2013). Traditionally, relation 

between the potential temperature (θ) and S, along with density (σθ) variation is used 

to characterize ocean water masses (Emery, 2001; Helland-Hansen, 1916). Movement 

of these water masses along a specific density layer plays a vital role in transporting 

water bodies with different characteristics (nutrients, trace metals, and heat, etc.; 

Emery, 2001). Each water mass has its characteristic temperature, salinity, and 

corresponding density ranges (Rochford, 1964; Varadachari et al., 1968; Emery, 2001). 

Depending upon various dynamical processes (such as local advection, upwelling, and 

mixing of different water masses), surface, subsurface, and deeper ocean water may 

show distinct values of slopes and intercepts in δ18O‒S relation (Sengupta et al., 2013). 

Only a few studies have attempted and used the δ18O and salinity of the sea surface 

water to apprehend the mixing of different surface water masses in the Indian Ocean 

(Srivastava et al., 2007; Tiwari et al., 2013). Paleo-salinity estimates in the northern 

Indian Ocean derived from a constant δ18O‒S relation might have been hampered 

because of the observed variation in this relation, in different water masses of the 

northern Indian Ocean.  

3.1. Seawater Sampling and Methodology 

This section is divided into two parts first discusses the results from water samples 

analyzed from BoB and the Andaman Sea, and the second section presents the results 

from seawater samples collected from AS. A total of ~325 surface water samples (depth 
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≤ 2m), and 140 subsurface water samples were collected during April 2016; December 

2016‒January 2017 and during April-2017 onboard FORV Sagar Sampada cruises 

(SS-349; SS-355 and SS-359) in the northern Indian Ocean. The surface water samples 

were collected using a bucket thermometer sampler. Subsurface water samples were 

collected using CTD rosette sampler from Specific depths from seven stations (~2 m, 

up to 1000 m depth) off Andaman Island and from the Arabian Sea. Each sample was 

made into two aliquots, one used for on-board salinity and temperature measurement 

and the other aliquot used for stable oxygen (δ18O) and hydrogen (δD) isotopic 

measurements, on Delta-V plus isotope ratio mass spectrometer (IRMS) connected 

with gas bench. The method for salinity and stable isotope measurements are explained 

in detail in Chapter-2. 

3.2. Bay of Bengal and the Andaman Sea 

308 surface and 44 subsurface water samples were collected during SS-349 and SS-

355 over the post and pre-monsoon periods (Figure 3.1a). Subsurface samples were 

collected at specific depths (~2 m, ~5 m, ~10 m, ~20 m, ~50 m, ~100 m, and ~200 m). 

3.2.1. Spatial Variation in δ18O, δD and salinity over the northern Indian Ocean   

Significant spatial variation in δ18O and S of surface water were observed in the 

northern Indian Ocean, with higher values in the southeastern Arabian Sea (SEAS) and 

lower values in the central and eastern BoB, for both pre- and post-monsoon water 

samples (Figure 3.1b, 3.1d). The observed mean δ18O, S, and sea surface temperature 

(SST) were 0.02 (±0.26) ‰, 33.02 (±0.92) and 28.57 (±1.16) ºC, respectively. Low S 

and low δ18O values (S < 32.5 and δ18O < -0.25 ‰) were observed in the central BoB 

and the Andaman Sea. SST showed less variation in the central to northern BoB (Figure 

3.1c). Similar spatial variation of S, SST, and δ18O over the northern Indian Ocean was 

also observed in the previous studies (Achyuthan et al., 2013; Sengupta et al., 2013; 

Singh et al., 2010).  
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Figure 3.1: Spatial distribution of a) sampling locations (red dots; subsurface water sampling 

locations of the Andaman Islands), b) δ18O, c) sea surface temperature and d) salinity of surface 

seawater samples (total samples n = 315) collected in the northern Indian Ocean during April 

2016 and December 2016 - January 2017, excluding the subsurface water samples from the 

Andaman Sea. 

A strong correlation between δ18O and S [δ18O = 0.26 (±0.01) × S - 8.55 (±0.22); R2 = 

0.83; p < 0.05; Figure 3.2a], and significant anti-correlation between δ18O and d-excess 

(R2 = 0.27; p < 0.05; Figure 3.2b) were observed in the northern Indian Ocean. Values 

of slope and intercept for δ18O‒S relation observed in our study were in the range 

reported from the previous studies (Achyuthan et al., 2013; Singh et al., 2010). A 

relatively weaker, but still significant correlation between δ18O and δD was observed 

in the northern Indian Ocean [δD = 3.71 (±0.40) × δ18O + 2.19 (±0.11); R2 = 0.22, p < 

0.05; figure not shown]. Slope of the observed δ18O‒δD relation is less than that 

observed for the global surface ocean water (δD = 7.37 × δ18O - 0.72; R2 = 0.97, n = 

244; (Rohling, 2007; Schmidt et al., 1999) and global meteoric water line [GMWL; δD 

= 8.17 (±0.17) × δ18O - 11.27 (±0.5); Craig, 1961]. This lower slope is inferred as due 
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to either evaporation or mixing with highly saline waters of different origins or both 

(Craig and Gordon, 1965b; Deshpande et al., 2013; Gat, 1996; Rohling, 2007).  

 

Figure 3.2: a) δ18O‒S relation and b) d-excess‒δ18O relation surface water samples (n = 315; 

excluding subsurface samples in the Andaman Sea) collected in the northern Indian Ocean 

during April-2016 and December 2016 - January 2017. Error bars represent ±1σ (standard 

deviation) for a sample measured six times in IRMS. 

Observed inverse relation of d-excess with δ18O and lower slope of the δD‒δ18O 

relation together showed that kinetic fractionation influences these relationships in 

BoB surface water (Masson-Delmotte et al., 2008). The mean d-excess value for all the 

samples but subsurface water samples was ~2.16 (±2.20‰). Based on d-excess and S 

values, we observed that 67% of the samples having S < 33.5 were associated with 

higher d-excess values, i.e., ~3.85‰ (±1.36‰), which could be attributed to the 

continental runoff mixing (d-excess ~10‰). 73% of the water samples with S > 33.5 

were associated with the lower d-excess values, i.e., ~0.34 ‰ (±0.93‰), which 

suggested the mixing of oceanic water (d-excess ~0‰). Samples with S > 33.5 were 

mostly confined to the southern BoB, as this region (far away from the coastal region) 

may not be influenced by continental runoff (Seo et al., 2009; Vinayachandran et al., 

1999). The d-excess‒δ18O relation again showed the higher d-excess values are 
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associated with lower δ18O, which supported the influence of continental mixing (d-

excess > 2 ‰; Figure 3.2b) in the coastal region.   

3.2.2. Variation in δ18O, δD and salinity during spring  

δ18O and S varied from -0.36 ‰ to 0.16 ‰ and 31.5 to 34.06, respectively, during 

spring (April 2016) in the BoB along the cruise track (Figure 3.3a, b, d). Compared 

with the surroundings along the cruise track, higher SST was observed over the central 

BoB and southern Andaman Sea (Figure 3.3c). Low δ18O (-0.31‰ to -0.05‰) and 

corresponding low S (31.5 to 32.33) values were observed in the Andaman Sea, while 

high values of these parameters were observed in the eastern coast of India (off 

Chennai; Figure 3.3b, d). Low δ18O and associated low S in the surface water off the 

Andaman Sea and the central BoB (~82ºE - 86ºE) might be due to the inputs of 

freshwater through the rivers of Myanmar (Irrawaddy and Salween) from preceding 

winter monsoon (Figure 3.3b, 3d). Significantly strong δ18O‒S relation [δ18O = 0.14 

(±0.01) × S - 4.58 (±0.48); R2 = 0.43, p<0.05; Figure 3.4a] was observed in BoB.  

 

Figure 3.3: Spatial distribution of a) sampling locations, b) δ18O, c) Sea surface temperature, 

and d) Salinity of surface seawater samples (total samples n = 112) in BoB for spring (April-

2016) excluding the subsurface samples in the Andaman Sea. 
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This study area, which covers the sampling from coastal to open ocean, is affected by 

different processes such as river runoff, precipitation, boundary currents (EICC; 

Chapter-1), and wind-driven mixing. The observed δ18O‒S relation should be a result 

of all these processes. Similar δ18O and S values in the surface water from coastal to 

open BoB have been observed earlier (Delaygue et al., 2001; Singh et al., 2010). The 

lower slope in δ18O‒S relation during spring could be interpreted as the dominant effect 

of evaporation over all other processes (Singh et al., 2014). However, even when P+R 

dominates over E, lower slope of δ18O‒S relation for surface water samples during 

summer monsoon was reported previously in the same region (north of ~ 10ºN), with 

δ18O = 0.14 (±0.01) × S - 4.7 (±0.4); R2 = 0.6; p < 0.05 (Achyuthan et al., 2013). The 

observed δD‒δ18O relation during this period was δD = 8.75 (±1.30) × δ18O + 4.15 

(±0.25); R2 = 0.30, p < 0.05 (Figure 3.4b). The δD‒δ18O relation for these water 

samples with a lower intercept than that of the GMWL inferred dominance of 

evaporation during this period (Rohling, 2007). However, the observed higher slope of 

the δD‒δ18O relation than that observed for the Himalayan river waters 7.14 (±0.21) 

and Peninsular 5.31 (±0.35) river waters (Achyuthan et al., 2013) inferred that our 

sampled region was influenced by precipitation in addition to run-off. 

 

Figure 3.4: a) δ18O‒S relation, b) δD‒δ18O relation, and c) d-excess‒δ18O relation for sea 

surface water samples collected during spring (n = 112; April-2016) excluding the subsurface 

samples in the Andaman Sea.  
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3.2.3. δ18O, δD and salinity variation during winter 

The surface water sample collection during winter (December-2016 to February-2017) 

was extended to SEAS (Figure 3.5a). SEAS is influenced by the west Indian coastal 

current (WICC; Schott and McCreary Jr, 2001), which brings the low saline water from 

BoB to the eastern Arabian Sea during winter. The intrusion of BoB’s water modulates 

the oxygen isotopic variation and S in the surface water in SEAS. The observed δ18O 

and S in BoB during the winter were ranged -0.42 ‰ to 0.68 ‰ and 31.52 to 35.2, 

respectively, with low values near coastal locations (Figure 3.5b, d). High SST (> 28.5 

ºC) was observed in the southern BoB and the SEAS (Figure 3.5c). Low δ18O and low 

S in BoB could be due to the influx from the Peninsular and Himalayan Rivers through 

EICC (Lambs et al., 2005; Warrier et al., 2010). Significantly stronger δ18O‒S relation 

was observed during this period [δ18O = 0.28 (±0.01) × S - 9.10 (±0.30); R2 = 0.83, p < 

0.05; n = 203; Figure 3.6a] than that during the spring (Figure 4a). Higher slope 0.28 

(±0.01) and lower intercept -9.10 (±0.30) of the δ18O‒S relation compared to the spring 

[slope = 0.14 (±0.01) and intercept = -4.58 (±0.48) respectively] implied the influence 

of freshwater/runoff on the δ18O‒S relation during winter (Singh et al., 2010). The 

higher slope, which is associated with 18O depleted overflow, could be due to the 

‘amount effect’ (Araguás‐Araguás et al., 1998b; Dansgaard, 1964; Yadava and 

Ramesh, 2005). 
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Figure 3.5: Spatial distribution of a) sampling locations (red box shows “Vardah” cyclone-

affected region), b) δ18O, c) sea surface temperature and d) salinity of sea surface water samples 

(total samples n = 203) in the northern Indian Ocean for winter (during December-2016 to 

February-2017). 

Singh et al, (2014) observed a temporal change in δ18O‒S relation with a substantial 

increase (decrease) in the slope (intercept) than the previous estimates (Delaygue et al., 

2001; Singh et al., 2010), which has been attributed to the debouch of increase in 

Himalayan glaciers melt in the Bay. We observed significantly strong δ18O−S relation 

in BoB with δ18O = 0.32 (± 0.01) × S – 10.6 (± 0.4), R2 = 0.91, p < 0.01 (data not 

shown). Our data showed a higher slope (0.32 ± 0.01) and decreased intercept (-10.6 ± 

0.4) than that reported by Singh et al., (2014), which might be due to an additional melt 

of Himalayan glaciers during 2006-2017.  

Severe cyclonic storms associated with heavy rains, which frequently occur in BoB 

(Singh et al., 2000), can also modify the δ18O‒S relation. “Vardah” was a severe 

cyclone, which occurred during mid-December 2016. During Vardah, heavy to very 

heavy rainfall was recorded over southeastern India (i.e., Tamil Nadu, Pondicherry, 
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and southern Andhra Pradesh). Water samples collected during the cruise SS-355-leg-

I (mid-December 2016) off southern Sri Lanka (marked by red box Figure 3.5a) fall in 

the Vardah cyclonic affected region. Negative δ18O and lower S values in this region 

might be due to the rain associated with Vardah. This cyclonic effect (low δ18O and 

low S values) was not recorded in the samples collected during mid-January 2017 in 

the same locations (samples south of red box; Figure 3.5a). However, for a better 

understanding of the cyclone effect on the δ18O composition of seawater, extensive 

water sampling during pre- and post-cyclone is required. 

 

Figure 3.6: a) δ18O‒S relation, b) δD‒δ18O, and c) d-excess‒δ18O relation for samples (n = 

203) collected in the northern Indian Ocean during winter. 

The δD‒δ18O relation for the samples collected in BoB showed a significant 

correlation: δD = 5.58 (±0.43) × δ18O + 1.39 (±0.13); R2 = 0.45; p < 0.05 (Figure 3.6b). 

The δD‒δ18O relation for these water samples was associated with a lower intercept 

than the GMWL, which can be inferred as the domination of evaporation. The slope of 

the δD‒δ18O relation was similar to the slopes of that in the Peninsular rivers [5.31 

(±0.35); particularly southern rivers like Pennar, Cauvery and Krishna; (Achyuthan et 

al., 2013)]. Samples from the southernmost locations, which were collected during 

January 2017 (Figure 3.5a), showed that δD = 7.18 (±0.99) × δ18O + 0.86 (±0.37) (R2 

= 0.36; p < 0.05; not shown), where the slope is similar to that for Himalayan rivers 

[7.14 (±0.21)]. The lower d-excess (evaporation during non- equilibrium conditions 

leads to negative values; Dansgaard, 1964) association with higher δ18O (evaporation 
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makes residue seawater enriched in 18O; Figure 3.6c) inferred that the kinetic 

fractionation influence these relations in BoB waters during evaporation in winter 

(Kumar and Prasad, 1996).  

3.2.4. Vertical distribution of δ18O and salinity 

It is important to understand deep-sea circulation as it plays a vital role in the earth’s 

climate. A direct measure of deep-sea circulation is difficult due to its slow motion as 

compared to the surface ocean circulation (Sverdrup et al., 1942). Based on θ‒S 

profiles, the existence of Persian Sea Gulf Water mass (PSGW; at ~200 – 500 m) and 

the Red Sea Water (RSW; at 500 –1000 m) masses have been identified in BoB (Jain 

et al., 2017; Rochford, 1964; Varadachari et al., 1968b).  Besides, one study observed 

the PSGW (200 – 400 m) and RSW (400 – 900 m) in the Andaman Sea (Raju et al., 

1981). However, there is no other recent evidence of distinct water masses (such as 

PSGW and RSW) in the Andaman Sea, which suggests the need to revisit the Andaman 

Sea and further investigation of these water masses signatures. Surface water samples 

(0 – 20 m) from the Andaman Sea witnessed S < 32.5, which could be attributed to the 

influx of freshwater runoff from the Indian and Myanmar rivers through BoB (Figure 

3.7b). At deeper water depths (~200 m), S increased up to 35.02 (Figure 3.7b). Due to 

the confinement of sampling locations to the coastal region and limited sampling 

depths (Figure 3.7a), distinct water masses were not observed at deeper depths. 

However, a steep increase of density with depth might be related to the presence of 

PSGW (Based on the previous study, inferences). The high salinity (34.8 – 35.02) water 

at a depth 200 – 500 m with low temperature (10 – 13 ºC) and σθ  (26.3 – 26.9 kg m-3) 

was observed, which has a characteristic of the PSGW (Prasad et al., 2001, Figure 

3.7d).  

δ18O varied from -0.27 to 0.18 at 0 – 200 m off the Andaman Islands (Figure 3.7c). 

δ18O variation of subsurface water samples showed a gradual enrichment over a depth 

ranged > 10-100 m in all the profiles (Figure 3.7b). In all the subsurface water samples, 

a depletion in δ18O was observed at ~20 m depth except for station-2 (S-2) and station-

3 (S-3) (Figure 3.7c). Strong δ18O‒S relation for all subsurface water samples was 



82 | P a g e  

 

observed (R2 = 0.84; p < 0.01; red dashed line; Figure 3.7e), with slope = 0.13 (±0.01) 

and intercept = -4.21 (±0.28); where the slope and intercept are comparable to the slope 

and intercept of  BoB surface water samples from this study (Figure 3.4a) and previous 

study (Singh et al., 2010). At S-1 and S-3, δ18O peaked at 50 m depth, with enrichment 

of ~0.36 ‰ and ~0.27 ‰ compared to surface values, respectively. Whereas, a gradual 

increase in δ18O values was observed until 100 m depth at the rest of the stations. 

Maximum enrichment of ~0.44 ‰ (difference in δ18O at 100 m and the surface) was 

observed at S-5. We divided δ18O profiles into two zones: zone-1 (0 – 50 m depth; 

mixed depth) and zone-2 (50 – 200 m).  

 

Figure 3.7: a) Sampling location for subsurface water samples (~ 200 m depth) collected off 

Andaman Island. b) Salinity profile, c) δ18O profile, d) θ‒S diagram Persian Gulf water mass 

(PSGW) water masses (200-500 m), and e) δ18O‒S relations for all the subsurface water 

samples (red dashed line), for zone- 1 (0-50 m) water samples (green dashed line; inside square 

box) and for zone- 2 (50-200 m) water samples (blue dashed line; inside rectangle box). 

The δ18O‒S relation for the zone-1 witnessed a slope of 0.12 (±0.04) and intercept 

-4.04 (±1.15) [R2 = 0.32; p < 0.05; green dashed line; Figure 3.7e], which were similar 



83 | P a g e  

 

(based on Student’s t-test) to that observed in BoB surface water samples in this study 

(Figure 3.4a) and a previous study (Singh et al., 2010). In zone-2, δ18O‒S relation has 

a slope 0.05 (±0.01) and intercept -1.56 (±0.5) [R2 = 0.43; p < 0.05; blue dashed line; 

Figure 3.7e]. The observed lower slope and higher intercept for the deeper zone (zone-

2) water as compared to mixed depth (zone-1) could be due to the presence of different 

masses at different zones. The δ18O‒S relation in the zone-2 might be characterized for 

PSGW (as of now, no other water masses have been identified). However, there is a 

need for δ18O and S measurements from much deeper and spatially distributed surface 

waters in the Andaman Sea to characterize δ18O-S for different masses. 

3.3. The Arabian Seawater samples 

The Arabian Sea (AS) is affected by the intense rainfall (direct precipitation) and wind-

induced subsurface water mixing over the northern and western AS (Baars et al., 1995; 

Bauer et al., 1991; Kumar and Prasad, 1996; Lighthill, 1969; Madhupratap et al., 

1996a; Schanze et al., 2010). During summer monsoon these wind-induced upper 

ocean mixing, causing the vertical movement of subsurface water to the surface, brings 

high nutrient, low-temperature water, which enhances the productivity over the western 

AS and during winter convecting mixing is prominent over the northern AS (Schott 

and McCreary Jr, 2001; Goes et al., 2005; Madhupratap et al., 1996). Geographically, 

both the AS and the BoB located in similar latitudes but associated with different 

physical and chemical characteristics. The Evaporation (E) dominates over 

Precipitation (P), and Runoff (R) in the AS (negative P+R-E salinity budget), causing 

higher salinity water in the AS than in the BoB (Rao and Sivakumar, 2003; Sengupta 

et al., 2006). In addition to these surface water dynamics (wind-induced mixing, runoff, 

precipitation, and surface currents) in the AS, water masses formation due to higher 

evaporation than precipitation and runoff, causes significant changes in density 

difference, and lead to the formation of different water masses with higher density. 

Different water masses have been identified in the AS with characteristic ranges in 

temperature, salinity, and density (discusses in detail in Chapter-1). However, water 

mass formation is not found in the BoB due to stronger river runoff induced 
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stratification (Prasad et al., 2001; Schott and McCreary Jr, 2001a; Shetye et al., 1994; 

Wyrtki, 1973).  

To understand the surface and subsurface water dynamics and variability of δ18O and 

δD composition with depth in the AS, water samples were collected all along the cruise 

track during April 2017. A total of 82 depth specific (~ 2 m up to 1000 m water depth) 

water samples were collected using CTD rosette from 13 stations (red dots), and 21 

surface water samples were collected using bucket thermometer instrument (black 

triangles; Figure 3.8). Temperature and salinity of the collected water samples were 

measured on-board, whereas the isotopic composition was measured at PRL, 

Ahmedabad (detail description is explained in detail in Chapter-2). 

 

Figure 3.8:  Water sample collection locations during SS-359 during April-2017. Red dots 

show the depth specific water samples collection location using CTD (S-1 to S-13), and black 

triangles show the surface water samples collection location using a bucket thermometer 

instrument.  

3.3.1. Spatial Distribution 

Significant spatial variability of salinity, temperature, δD, and δ18O of surface seawater 

samples was observed over the AS during pre-monsoon (Figure 3.9). Surface water 

samples salinity and temperature varied from 34.3 – 36.82 and 27.6 to 32.8 ºC 
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respectively (Figure 3.9a, b), whereas the δD and δ18O values ranged from 1.88 to 9.00 

‰ and 0.08 to 1.10 ‰, respectively (Figure 3.9c, d). Warm and low saline water was 

observed over the southern AS, whereas relatively colder and high saline water was 

observed over the northern AS. The northern AS was ~2 ºC colder than the southern 

AS, this cold and high saline water might be the traces of preceding winter monsoon 

induced convective mixing over the northern AS (Figure 3.9a, b; Madhupratap et al., 

1996). Northwest Indian coastal waters were associated with high saline and higher 

temperature (Figure 3.9). Lower δD values over the southern ocean and higher values 

over the northern Indian Ocean were observed (Figure 3.9c). The spatial distribution 

of δ18O of surface water samples shows that the southern AS associated with low δ18O 

and lower S, whereas the central to northern AS was associated with higher δ18O values 

(Figure 3.9d). The low δD, δ18O, and lower salinity waters over southern AS show the 

remnant of BoB water that transported through surface currents (winter monsoon 

current; WMC; discussed in Chapter-1) during preceding winter monsoon. Previous 

studies have also observed the lower δD and δ18O over the BoB during winter 

(Achyuthan et al., 2013; Deshpande et al., 2013; Singh et al., 2000). The northwest 

Indian coastal water associated with relatively higher salinity and δ18O than the 

southern AS (Fig. 3.9d). 
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Figure 3.9: Spatial variability of a) Salinity b) temperature c) δD d) δ18O of surface seawater 

samples over the AS. 

3.3.2. Vertical profile of δ18O, δD, Salinity, and Temperature  

Significant variations in the salinity in spatial (horizontal direction at deeper depths) 

and in the vertical direction along the cruise track were observed over the AS (Figure 

3.10 a, b). Higher salinity values were seen from south to northward direction with 

lower values at the south, and higher in the north. Similar gradients were also observed 

in the deeper waters but relatively lower changes (horizontal difference) than at the 

surface (Figure 3.10). These salinity values were consistent with the lower density 

(contours) water body at the southern AS (Figure3.10 b). Seawater temperature not 

varied significantly at the surface as like salinity. However, a significant variation in 

temperature was observed in the vertical profile with a maximum value of 30.22 ºC at 

the surface, and the minimum at deeper depth 7.12 ºC was observed (Figure 3.10 c). 

The depth (thickness) of higher seawater temperature water body at surface was deeper 

in the southern AS and shallower at northern AS. The thermocline depth (depth at 
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which temperature gradient is steepest; ~ 20 ºC isotherm) varied all along the cruise 

track with shallower in the northern AS and at deeper depth in the southern AS (Figure 

3.10 c). This vertical variation in the thermocline (20 ºC isotherm) depth shows the 

winter mixing process over the northern AS. 

Both δ18O and δD varied significantly in spatially (horizontal direction at deeper levels) 

as well as in the vertical profile (Figure 3.10 d, e). Lower δ18O at southern AS and 

higher δ18O over the central to northern AS were observed with overall value ranges 

from 0.36-1.07 ‰. Lower δ18O was seen over the southern and northern AS with a 

slight increase in δ18O in central AS at subsurface water levels (250 – 800 m; Figure 

3.10 d). The lowest values of δ18O were found at deeper levels (~1000 m), and 

consistent along the north-south direction with very slight variation. A similar variation 

for the δD with relatively higher values at the surface and with significant vertical 

variability in δD was observed (Figure 3.10 e). The subsurface water samples were 

associated with lower δD values than at surface but higher than deeper values (1000 m 

depth). At S-8, higher δD values were found with increasing depth (a peak values in 

subsurface water at ~400 to 700 m depth). 

  
Figure 3.10: Section plots for water samples collected a) sample location, b) salinity, c) 

temperature d) δ18O, e) δD. Density contours (black lines) were shown in (a) and (b), Station 

locations are represented by S-1 to S-8. 
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The surface water δ18O, δD, S, and temperature variability were directly related to the 

upper ocean dynamics and influenced by various processes (such as river runoff, 

different water bodies mixing, direct precipitation, and evaporation). However, these 

processes were almost negligible at subsurface and deeper depths. Variations in the 

subsurface to deeper levels represent the deep-water dynamics (such as vertical mixing, 

water masses movement), which affects the δ18O, δD composition of deeper water 

(Figure 3.11).  

 

Figure 3.11: Vertical variation of a) δ18O and b) S profile over the sampling station. 

A significant relations δ18O–S and δ18O–δD of seawater were observed for all the 

samples together (from the surface to the deeper water; Figure 3.12). Lowest δ18O 

values were associated with relatively lower salinity deeper waters. The δ18O–S 

showed a linear relationship with slope of 0.35 (±0.03) and intercept -11.84 (±1.12) 

with r = 0.79; p < 0.05 (Figure 3.12a). Similarly, δ18O–δD were associated with slope 

5.71 (±0.80) and intercept = 0.66 (±0.61) with r = 0.64; p < 0.64 (Figure 3.12b). 

However, for the surface samples (excluding subsurface and deep water samples), no 

significant relation was observed. 
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Figure 3.12: a) δ18O–S and b) δD–δ18O relation for the water samples collected using CTD 

at a specific depth location. Color represents the water depth for water samples. 

3.3.3. Water masses over the Arabian Sea  

Significant variations in S and potential temperature (θ) were observed with S varying 

from 34.1 to 36.7, and potential temperature (θ) ranging from 7.12 to 30.22 ºC. Based 

on the θ–S data from CTD rosette and depth specific water samples, we have identified 

four different water masses in the AS: namely Bay of Bengal Water mass (BoBW), 

Arabian Sea High Saline Water mass (ASHSW), Persian Gulf Water mass (PGW) and 

the Red Sea Water mass (RSW; Figure 3.13a, b). These water masses were identified 

based on the defined ranges of potential temperature, salinity, and corresponding water 

density by Prasad et al. (2001) (Discussed in detail in Chapter-1).  

The CTD derived and depth specific water sample derived θ-S diagrams show that the 

ASHSW mass is confined to the shallow water depth, and associated with high salinity, 

low density with higher temperature values. In our θ-S diagram over the southern AS, 

low salinity surface water was observed, and it is identified as the BoBW mass 

(remnants of preceding winter monsoon transported BoB water). The East India 

Coastal Current (EICC boundary current), followed by the WMC transports low 

salinity water from the northern BoB to the AS during the winter monsoon (strong 

transport) followed by the early pre-monsoon (weaker transport; Wyrtki, 1973; Schott 



90 | P a g e  

 

and McCreary Jr, 2001). The Significant variation in the θ–S  curve at a water depth of 

400 – 600 m was identified as the PGW mass followed by traces of the RSW mass at 

850 – 1000 m. For understanding the δ18O variation with water masses, another 

parameter δ18O of water was replaced by the water depth in the θ-S diagram (color bar; 

Figure 3.13c). It shows that the ASHSW mass was associated with higher and RSW 

mass with relatively lower δ18O values (Figure 3.13c). 

 

Figure 3.13: Potential temperature and Salinity along with density diagram for water mass 

identification. a) CTD rosette data, b) water sample collected at specific depths derived data, 

c) δ18O of water sample instead of depth in the z-axis. 

3.3.4. δ18O-S relation in different Water Masses 

To understand the variability of δ18O, δD, and S of seawater with depth due to various 

deep-water dynamics, the entire water column was divided into three zones. These 

zones were selected based on the observed major dominant water masses with specific 

water depth ranges. The Zone-I represents the water column bounded by the region 

between 0-250 m water depths and associated with ASHSW mass. The δ18O and S 

range from 0.33 – 1.09 ‰ and 34.3 – 36.78, respectively. Significant relation is 

observed for δ18O-S with slope = 0.27 (±0.03) and intercept = -8.84 (±1.20), r = 0.75; 

p < 0.05 (Figure 3.14a). However, after removing the influence of BoBW mass at 

southern AS, no significant change was seen in the δ18O-S relation [slope = 0.29 
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(±0.05), intercept = -9.51 (±1.67)] which might be due to limited points from BoBW 

mass (southernmost samples only two data points). 

The Zone-II represents a region between 250-650 m water depths and associated with 

PGW mass. The δ18O and S range from 0.29-0.76 ‰ and 35.19 – 36.04, respectively. 

Significant relation is observed between δ18O and S with slope = 0.35 (±0.09) and 

intercept = -11.99 (±3.39), r = 0.81; p < 0.05 (Figure 3.14b). 

The Zone-III represent the depth below 650 m up to 1000 m; however, the water 

samples are collected from ~ 1000 m depth only, so it is considered as 1000 m level. 

At this depth (~ 1000 m), RSW mass is observed. The δ18O and S range from 0.13 – 

0.49 and 35.07- 35.43, respectively. However, an insignificant negative correlation 

between δ18O-S was observed (Figure 3.14c). 

 
Figure 3.14: δ18O - S relation for a) Zone-I (0-250 m; ASHSW), b) Zone-II (250-650 m; 

PGSW), and c) Zone-III (1000 m; RSW). 

3.4. Conclusion  

1. New data set on δ18O, δD and S of surface water samples from the northern 

Indian Ocean showed significant variations in their relationship. δ18O‒S 

relation with higher slope and lower intercept during winter was due to the 

intrusion of freshwater in BoB.  

The δ18O ‒ δD relation showed seasonal variation due to the influence of the 

Himalayan and Peninsular river systems on it. d-excess‒S relation along with 



92 | P a g e  

 

corresponding δ18O values inferred that the 67% of total water samples with S 

< 33.5 and ~73% of total water samples with S > 33.5 were influenced by the 

continental runoff and open ocean water mixing, respectively. Significantly 

stronger δ18O ‒ δD and d-excess‒δ18O relation in BoB inferred that the kinetic 

fractionation dominated more during winter than in spring.  

Low δ18O with lower S (< 32.5) over the surface Andaman Sea is due to the 

freshwater influx from Indian and Myanmar rivers in this region.  Subsurface 

δ18O composition off the Andaman Islands suggested gradual enrichment in 

δ18O values with depth. δ18O‒S relation in the upper layer (0-50 m) waters in 

the Andaman Sea was similar to BoB surface waters. The preliminary analysis 

shows statistically different δ18O‒S relation in deeper water (50-200 m) than 

for shallow water (0-50 m) that could be a characteristic of water mass 

dynamics. 

2.  For the southern Arabian Sea, water samples show lower δ18O, δD, and S than 

the northern Arabian Sea, this might be the contribution from winter monsoon 

transported BoB water. Relatively cooler and higher salinity values over the 

northern Arabian Sea might be the winter convection remnant of the preceding 

winter monsoon. Four different water masses were identified with significant 

variations in δ18O and δD composition. Deeper waters are associated with the 

lower δ18O and δD than the surface waters. Our sub-divisional analysis of water 

column in three zones based on the observed water masses at different water 

depths shows different δ18O-S relation. The stronger positive relations for 

Zone-I and Zone-II and weaker negative relation for Zone-III are observed. 
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Chapter-4 

Paleoceanography and paleoclimatology of 

the northern Indian Ocean  
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Paleoceanography and Paleoclimate of the northern Indian Ocean 
 

 

 

 

 

 

 

 

 

The Indian summer monsoon is associated with widespread rainfall over the entire 

Indian subcontinent, whereas winter monsoon contributes to a significant amount of 

rain, limited to the southern Indian peninsula. During extreme rainfall events (which 

have characteristic depleted oxygen isotopic composition: δ18O) associated with high 

runoff into the Indian Ocean through the various river, channels are observed and cause 

significant change in the δ18O of the surface ocean (Discussed in details in Chapter-3). 

Subsequently, these changes are recorded and remain preserved in the   Indian Ocean, 

which can be retrieved back from various archives (bulk sediment, coral reefs, 

foraminifera species, diatoms); this makes the northern Indian Ocean a big reservoir 

for understanding past monsoon variability. The northern Indian Ocean (comprises of 

the Arabian Sea: AS, Bay of Bengal: BoB and the Andaman Sea); though these water 

bodies are located in the same latitudinal region, because of different influencing 

processes, they have diverse characteristic isotopic compositions (details in Chapter-
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1). This makes each of these basins (AS, BoB, and the Andaman Sea) a unique reservoir 

to understand monsoon-induced changes in the oceanic conditions. 

Based on a variety of established proxies, large amount of work has been already 

carried out in the Indian Ocean to reconstruct the past monsoon; however, most of the 

studies are confined to the eastern AS. Very few studies are reported from the BoB, the 

Andaman Sea and the western AS (details in Chapter-1). In this chapter, results from 

the study made on three different deep sea-sediment cores from the northern Indian 

Ocean is presented. Previously published well-dated high-resolution records from 

sediment cores have been used for verifying coherence and spatial variability of 

monsoon over the northern Indian Ocean during last ~70 ka. 

4.1. The Eastern Arabian Sea: δ18O variability and its implication for ISM 

variability for the last ~ 25 ka 

Stable oxygen isotopic composition (δ18O) of foraminifera from the sediments of the 

northern Indian Ocean were used earlier to decipher past changes in the intensity of the 

South Asian Monsoon. (Duplessy, 1982) based on a study involving several sediment 

cores, showed that the summer monsoon rain was reduced significantly during the Last 

Glacial Maximum (LGM): δ18O of LGM planktonic foraminifera were relatively 

higher, resulting from reduced freshwater discharge from the major monsoon fed 

Indian rivers. Likewise, (Sarkar et al., 1990) showed that the winter monsoon rains 

were intensified during LGM by analyzing four different species of planktonic 

foraminifera from a sediment core from the Eastern Arabian Sea. These prompted 

further studies on the high resolution δ18O in planktonic foraminifera preserved in 

marine sediment cores from the locations of rapid sedimentation, both from the 

Western (Sirocko et al., 1991; Parton et al., 2015) and the Eastern Arabian Sea (e.g., 

Tiwari et al. 2010); and from the northern (e.g. Kudrass 2001) and the southern  Bay 

of Bengal (Raza et al., 2014b; Raza and Ahmad, 2013). Variation in the rates of 

sedimentation over the eastern Arabian Sea for last ~20 ka (Narayana et al., 2009) and 

paleo-productivity from the equatorial Indian Ocean (Beaufort, 1996) have also been 

studied. Except for the early work of Duplessy (1982), inferences from most 
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subsequent studies were based on single-core collected at different locations, and most 

lacked modern calibration for the interpretation of planktonic foraminiferal δ18O. For 

instance, Sarkar et al. (2000) used limited data as an approximate calibration to show 

that the Eastern Arabian Sea responded to the summer monsoon runoff from the 

Western Ghats of peninsular India. They inferred that the summer monsoon rains 

steadily increased during the Holocene.  

In contrast to the previous studies from the eastern Arabian Sea, (Gupta et al., 2003) 

surmised that during the Holocene, monsoon winds had significantly weakened over 

the Western Arabian Sea, based on the abundance counts of G. bulloides. G. bulloides 

is a planktonic species that lives in eutrophic, high nutrient-rich, and is a low-

temperature habitat species. It is believed to be the upwelling indicator species as 

during upwelling the high nutrient-rich, low-temperature water from subsurface 

brought to surface make the surface water favorable for the G. bulloides growth. 

However, there was no modern calibration of this proxy, other than the assumption that 

upwelling is related to the square of the wind strength (Overpeck et al., 1996). This 

result, bolstered by subsequent reports of speleothem δ18O records from Oman (located 

in the western limit of the South Asian Monsoon;(Fleitmann et al., 2003) and China 

(East Asian Monsoon, Wang et al. 2005), led to the general acceptance of the 

weakening summer monsoon trend during the Holocene, in spite of the evidence to the 

contrary: Kudrass et al. (2001) showed that the monsoon runoff into the BoB had 

steadily increased from 21 ka (LGM) to ~4ka (see also Sarkar et al., 2000). Tiwari et 

al. (2010) attempted to reconcile these contrasting findings by suggesting that increased 

upwelling in the Western Arabian Sea might have suppressed carbonate productivity 

by favouring silicate productivity, a suggestion yet to be tested (Ramesh et al. 2010).  

Three recent developments make it necessary to revisit the reconstructed monsoon 

variability during the past ~25 ka. First, (Singh et al., 2010) showed that both the slope 

and intercept of the salinity-δ18O relation in the northern Indian Ocean are sensitive to 

monsoon runoff; the slope (intercept) is higher (lower) during years of enhanced 

(reduced) runoff. Second, a new, high resolution spatiotemporal δ18O data set of 631 
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seawater samples has become available (Figure 4.1) for testing the assumptions based 

on which down-core δ18O variations were interpreted (Deshpande et al., 2013), viz., the 

variation in the δ18O and salinity of the Eastern Arabian Sea surface is dominantly 

governed by the summer monsoon runoff from the Western Ghats. Third, an increasing 

number of sediment cores have been analyzed during the past decade from the Eastern 

Arabian Sea alone, and high-resolution planktonic foraminifera δ18O variations have 

been reported. 

4.2. δ18O of seawater variability over the Arabian Sea 

4.2.1. The modern salinity- δ18O relationship in the Eastern Arabian Sea 

The dynamics of the AS and the BoB have been widely studied (Han et al., 2001; Rao 

and Sivakumar, 2003; Schott and McCreary Jr, 2001b; Wyrtki, 1973). During summer 

(June to September), the eastward flowing summer monsoon current carries the high 

salinity water from the AS to the BoB (Kumar and Prasad, 1999b; Vinayachandran et 

al., 1999). During the summer monsoon, the BoB receives freshwater both from direct 

rains and runoff from the Ganga-Brahmaputra Rivers. This low salinity water is 

transported from the BoB to the south-eastern AS during winter (October to February) 

by the winter monsoon current (WMC) driven by the dry north-easterly winds. The 

West India Coastal Currents (WICC) carries this low saline water from the south-

eastern AS to the northern AS.  During the winter monsoon, high precipitation occurs 

over south-eastern India (the southern states of Tamil Nadu and southeast coastal 

Andhra Pradesh), while rainfall at this time is quite low over Kerala compared to the 

summer monsoon. The winter monsoon runoff debouches into the adjacent coastal BoB 

through the peninsular rivers. As expected, this runoff is also transported to the AS by 

the WMC. 
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Figure 4.1: Seawater sampling locations in the Eastern Arabian Sea (Deshpande et al., 2013), 

sub-divided into four regions: I 6 ºN-12 ºN, II 12 ºN-18 ºN, III 18 ºN-22 ºN, and IV 4 ºN-10 

ºN/60 ºE-80 ºE. 

Here, we investigate the salinity-δ18O relation in the Eastern AS, dividing the later into 

four major regions (Figure 4.1), three of which fall under the influence of the WICC, 

and one under the influence of the WMC.  

For seawater samples from the region I (6oN-12oN), salinity-δ18O relations are shown 

in Figure 4.2a & b, during monsoon (Jun-Sept), post-monsoon (Oct-Feb), respectively. 

A significant correlation (P < 0.05) between the two is only seen for the post-monsoon 

(Figure 4.2b). During the southwest monsoon, although the adjoining state of Kerala 

receives high monsoon rainfall (~2000 mm. Lekshmy et al. 2015), this runoff does not 

seem to improve the S-δ18O correlation. However, during the post-monsoon period 

(winter season over the Indian sub-continent), low salinity-δ18O water from the Bay of 

Bengal is brought to the southern AS by the winter monsoon current, which appears to 

improve the correlation significantly.  
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Figure 4.2: δ18O – S relation for samples from the region I (6o N-12o N) a) during the summer 

monsoon (Jun-Sept) insignificant correlation, b) post-monsoon (Oct-Feb), correlation is 

significant at p < 0.05. 

North of region I, i.e., in region II (12oN - 18oN, Figure 4.1), during both the summer 

and winter monsoons, significant correlations are observed between salinity and δ18O 

(Figure 4.3a &b). The statistically significant correlation during the monsoon 

represents the effect of high precipitation (~4000 mm, Sarkar et al., 2000) over the 

Mangalore region of the Western Ghats, which runs off into the Eastern AS.  

 

Figure 4.3: Salinity and δ18O relations for samples from the region II (12o N-18o N) during (a) 

summer monsoon (Jun-Sep) and b) post-monsoon (Oct-Feb). Correlations are significant at p 

< 0.05. 

In the extreme north-eastern AS, i.e., region III (18oN-22oN; Figure 4.1), the samples 

collected are limited to pre and post-monsoon with few data for the summer monsoon. 
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The salinity-δ18O plot of these data shows a scatter (Figure 4.4). This is because the 

effect of WICC in this northern region III is not as strong as in the southern regions I 

and II. 

 

Figure 4.4:  Salinity and δ18O relations for samples from the region III (18oN-22oN). 

In summary, except for region II that receives copious summer monsoon runoff from 

the Western Ghats, the summer monsoon runoff from the subcontinent to the Bay of 

Bengal, propelled by winter monsoon winds towards the AS appears to be the dominant 

control on the modern salinity - δ18O relation in the surface eastern the AS. 

Seawater samples from the region IV near the equatorial AS (4oN-10oN; Figure 4.1), 

exhibit a very poor correlation (scatter) between salinity and δ18O (Figure 4.5a) during 

the summer monsoon, whereas during the post-monsoon (winter) the most significant 

correlation is observed (Figure 4.5b). During this period, low salinity/δ18O water is 

transported from the Bay of Bengal to the south of the AS, it divides into two branches 

south of  Sri Lanka, one branch moves towards the north of the AS through the WICC 

and the other, continues to flow westward as a winter monsoon current (WMC; Wyrtki, 

1973). The latter appears to cause a high correlation between salinity and δ18O over 

this region during winter, while during summer, poor correlation results from lack of 

direct overhead precipitation/monsoon runoff to this region. 
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Figure 4.5: The relation between salinity and δ18O for samples from region IV (4oN-

10oN/79oE-65oE) during a) the summer monsoon, insignificant correlation, and b) the post-

monsoon, significant correlation (p < 0.05). 

4.2.2. Rainfall-Intercept-Slope relation  

The slopes and intercepts of salinity and δ18O relationships were obtained for monthly 

data from Oct-Feb and plotted (Figure 4.6) against the rainfall over southeastern India 

(data source: ftp://www.tropmet.res.in/pub/data/rain/iitm-regionrf.txt). The significant 

increase is observed in the slopes and decreases in the intercepts of the salinity- δ18O 

relation in regions I& II (left panels of Figure 4.6) and IV (right panels of Figure 4.6), 

though the data length is limited to a few years. 18O- depleted runoff could also result 

from the ‘amount effect’: higher rainfall is associated with lower δ18O (Araguás-

Araguás and Froehlich, 1998; Dansgaard, 1964; Yadava and Ramesh, 2005). Thus the 

stronger winter monsoon rainfall over southeast India, which is relatively more 

depleted in 18O (Lekshmy et al., 2015; Srivastava et al., 2015), could also increase the 

slope and decrease the intercept. 

ftp://www.tropmet.res.in/pub/data/rain/iitm-regionrf.txt
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Figure 4.6: Slopes (top) and intercepts (bottom) of the δ18O-salinity relations of various data 

sets are plotted against the corresponding monthly rainfall over southeast India, which is a 

rough measure of river discharge, left: for regions I and II (6oN-18oN), right: for region IV 

(4oN-10oN/79oE-60oE), robust regression was done using MATLAB. 

4.2.3. Sediment core studies from the Arabian Sea 

Table. 4.1 summarizes the references wherein past variations in the SST, δ18O of 

seawater, and salinity has been reconstructed from different sediment cores from the 

Eastern AS. The interpretation of planktonic foraminiferal δ18O is mostly based on a 

combination of SST, monsoon runoff, and the global ice-volume effect. Govil and 

Naidu (2010) claim that the eastern AS surface was ~ 4oC cooler than the present during 

the LGM and that there was ~2oC increase from the LGM to the present. Anand et al. 

(2008) found that during the interstadial periods, the Eastern AS received a higher flux 

of low salinity water.  
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For a total of 22 sediment cores, high resolution planktonic foraminiferal δ18O have 

been reported (Table. 4.1) for the four regions of the Eastern AS demarcated in Figure 

4.8.  

Table 4.1: Sediment cores from the Eastern Arabian Sea that have yielded δ18O data on 

planktonic foraminifera discussed in the text. References 1-6 from region 6 ºN-12 ºN, 7-10 

from 12 ºN-18 ºN (off the coast of Western Ghats), 11 from the region 18 ºN-20 ºN, 12-15 from 

4 ºN-10 ºN (Winter Monsoon Current region). 

 

 
a Rao et al., 2010; b Rao et al., 2008; c Cayre and Bard, 1999; d Kessarkar et al., 2013; e 

Saraswat et al., 2013; f Thamban et al., 2001; g Govil and Naidu, 2010; h Banakar et al., 2010; 
i Sarkar et al., 2000; j Singh et al., 2006; k Guptha et al., 2005; l Tiwari et al., 2005; m Sarkar 

et al., 1990; n Pattan et al., 2005; o Rostek et al., 1993; p Prabhu et al., 2004; q Dahl and Oppo, 

2006; r Thamban et al., 2001. 
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Figure 4.8: Locations of sediment samples from the eastern Arabian Sea studied in this work 

(see Table 1 for details). 

The abundance of the most commonly used foraminifera species (G. ruber) in these 

cores is known to peak during the summer monsoon (Curry et al., 1992). Therefore, it 

is expected that the sediment core will predominantly record the signals of summer 

monsoon precipitation. We, however, note that Curry et al. (1992) presented sediment 

trap data only for two years for the AS. Even the easternmost trap is located west of 

70°E (15°30’N and 68°45’ E), outside the region of influence of the Winter Monsoon 

Current (Figure 4.9, Map).  

Figure 4.9a shows the abundances of G. ruber, in 1986, there is a broad peak covering 

the period of June to September, but there are some smaller peaks on either side, 

showing that though the peak abundance is in August, it grows from May (data for 

1987) to December (data for 1986). The data are too limited to assume that the oxygen 

isotope ratio of G. ruber near this location reflects entirely of only during summer 
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monsoon conditions. Oxygen isotope ratios of a minimal number of samples were also 

presented by Curry et al. (1992). In 1986, the maximum depletion was seen for October 

1986 samples (triangles in Figure 4.9b), not during the peak monsoon. 

 

Figure 4.9. A sediment trap data from the central Arabian Sea a) abundance variation of G. 

ruber b) δ18O variation of G. ruber. (Curry et al., 1992). EAST: Eastern Arabian Sea Trap 

[triangle], CAST: Central Arabian Sea Trap [square], WAST: Western Arabian Sea Trap [dot]. 

It is known that the planktonic δ18O is a function of temperature, as well as the δ18O of 

seawater (δ18Osw). Thus, it is crucial to deconvolve these influences prior to interpreting 

foraminiferal δ18O as δ18Osw alone. Using Mg/Ca record presented by Saraswat et al. 

(2013) for the AS, we corrected for the temperature effect on foraminiferal δ18O. 

Figure 4.10 shows data from six sediment cores from the region I (6oN-12oN). During 

25 to 17 ka, the monsoon was weaker, as indicated by 18O enrichment in planktonic 

foraminifera, after correcting for lower temperatures and the global ice volume change, 

as discussed by the references on the top of each plot. However, none of these records 

show an increasing δ18O trend during the Holocene. If anything, there is a decreasing 

trend in two of these records (Rao et al., 2010 & Thamban et al., 2001), indicating that 
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during most of the Holocene, region-I continued to receive more and more low salinity 

water from the Bay of Bengal through the WICC. 

 

Figure 4.10: δ18O records of G. ruber (●) and G. sacculifer (♦) from various sediment cores 

from the region I (6oN-12oN) in the Eastern Arabian Sea. Red squares on the age axes indicate 

radiocarbon dating horizons.  

Figure 4.11 depicts data from five sediment cores from region-II (12oN-18oN) of the 

Eastern AS and one core available from region-III (18oN-20oN). The inference made 

for the region-I is reconfirmed here: again, from 25 to 17 ka, the summer monsoon was 
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weaker. Data from Guptha et al., (2005) and Govil and Naidu (2010) clearly support 

the increasing summer monsoon trend in the Holocene earlier reported by Sarkar et al. 

(2000).  

 

Figure 4.11: δ18O records of G. ruber (●), G. sacculifer (♦), and G. menardii (o) from various 

sediment cores from the region II (12oN-18oN) in the Arabian Sea. The bottom right plot refers 

to sediment core from the region III (18oN-20oN) of the Eastern Arabian Sea. Red squares on 

the age axes indicate radiocarbon dating horizons. 
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Four sediment cores were identified from the region-IV (4oN-10oN), where the effect 

of the winter monsoon current is observed, and the corresponding data are shown in 

Figure 4.12. These data again reconfirm the strengthening of the summer monsoon 

trend during the Holocene (Sarkar et al., 1990; Pattan et al., 2005; Tiwari et al., 2005). 

Further coarse resolution data from some additional cores with poorer chronologies 

from the Eastern AS (Figure 4.13) indicate that there was no reduction in the monsoon 

intensity during the Holocene, as found by Fleitmann et al. (2003) in an Omanian 

speleothem.  It can also be argued that these records might simply reflect the strength 

of the WICC and WMC, i.e., decreased volume transport in these currents, in addition 

to the monsoonal runoff variability into the Bay of Bengal. But to a large extent, the 

monsoon winds and precipitation over India are correlated (Tiwari et al., 2006), and 

they are likely to have co-varied in the past. This needs to be tested in the future by 

comparing paleo-records of wind and run-off proxies in the Bay of Bengal. 

 

Figure 4.12: δ18O records of G. ruber (●), G. sacculifer (♦) and G. menardii (ο) from various 

sediment cores from the Region IV (4oN-10oN) in the Eastern Arabian Sea. Red squares on the 

age axes indicate radiocarbon dating horizons.  
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Figure 4.13: Coarse-resolution δ18O records of G. ruber (●), G. sacculifer (♦), and G. menardii 

(ο) from some additional sediment cores from the Eastern Arabian Sea, with less chronological 

control. Red squares on the age axes indicate radiocarbon dating horizons.  

4.3. Southern Arabian Sea 

Southern Arabian Sea (north of the equator and off Kanyakumari) is a region where 

the maximum influence of the AS and the BoB water mixing occurs. The influence of 

the AS and BoB water masses transportation during the different seasons through East 
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India Coastal Current (EICC) and WICC is prominently observed at this location. 

These currents transported the freshwater (low saline) from the northern BoB to the 

northern and western AS during winter and reversed its direction during summer and 

transport high saline water to the BoB (Wyrtki 1973; Shetye et al. 1991). This shows 

that the southern AS is more strongly influenced by the monsoon-driven freshwater 

runoff (during summer) to the BoB through various river channels and later transported 

by the boundary currents during winter.  

To understand the past monsoon induced variability over the southern AS, a ~6 m long 

deep-sea sediment core SK-151-A/3 was retrieved from off Tuticorin from a water 

depth of ~ 400 m (discussed in detail in Chapter-2, Figure 2.5). Accelerator Mass 

Spectrometer (AMS) 14C radiocarbon ages were estimated for mixed planktonic 

foraminifera assemblages (Globigerinoides ruber, Globigerinoides sacculifer, 

Globorotalia menardii and Orbulina universa).  

The age-depth model indicates that the core SK-151-A/3 provides a continuous record 

of the last ~ 45 – 18 ka (Figure 4.14). The AMS 14C dates and calibrated ages are given 

in Table 4.2. The sedimentation rate varies with depth and distance of the land to the 

basin, which was controlled by the strength of the monsoon and resultant changes in 

the fluvial system. Changes in the sedimentation rate give preliminary clues about the 

past variation in the fluvial erosion input, aeolian dust, and marine productivity (Prins 

et al., 2000).  
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Figure 4.14: Age-depth model of a sediment core from southern AS (SK-151-A/3). Slopes 

represent the sedimentation rates. The black dots (ages) represent the calibrated 14C AMS ages, 

and the error bar represents the ranges in ages (for calibrated ages). 

Table 4.2: AMS 14C dates and calibrated ages of Sediment core SK-151-A/3. 

 

The subsamples were analyzed for δ18O of two planktonic species (G. ruber and 

G. menardii) and one benthic species (Uvigerina peregrina). The planktonic 

foraminifera species viz. G. ruber and  G. menardii are present in the surface ocean 

throughout the year (Anand et al., 2008; Guptha et al., 1997). The planktonic species 

G. ruber lives in the mixed layer, at a  mean depth of  ~0-25m (MLD; Fairbanks et al. 

1980, 1982; Anand et al. 2008) and the thermocline depth species G. menardii, at a 

depth of  100-150 m (TD; Fairbanks et al. 1980). 
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4.3.1. ISM variability for the last ~ 45 ka 

The δ18O of G. ruber varied from ~ -0.6‰ to -2.00 ‰, and G. menardii ranged from 

0.77 ‰ to -1.24 ‰ during the last ~45 - 18 ka (Figure 4.15). The isotopic composition 

of G. ruber and G. menardii shows that the ocean environment was varied significantly 

but still suitable for their habitation during the last ~ 45 ka (i.e., more negative δ18O for 

shallow-dwelling species, ruber and less negative for the deeper dwelling species, 

menardii). However, during the periods of weaker monsoon, the relative difference of 

G. ruber and G. menardii changes. Based on the last ~45 ka record of δ18O of 

planktonic foraminifera (G. ruber), four intense active monsoon periods were 

observed; these have relatively lower δ18O values (Figure 4.15). Three weak monsoon 

periods were observed with high δ18O values, close to ~ 0.7 ‰ (Figure 4.15). These 

strong and weaker monsoon periods were also recorded by the deep-dwelling 

planktonic species G. menardii. Two episodes of intense monsoon periods, followed 

by a gradual decrease in the monsoon strength during 38-32 ka and 28-22 ka, were 

observed (Figure 4.15). Stronger monsoon during late LGM was observed at ~19-18 

ka. Previous studies (Sarkar et al. 1990); have shown that during LGM winter, the 

monsoon was more active than the summer monsoon. As this region is influenced by 

both winter and summer monsoons, these depleted levels during LGM might represent 

signatures of the stronger winter monsoon (Figure 4.15). 

In addition to the long term variability in monsoon, possibly induced by the global 

glacials and interglacials (Caley et al., 2011; Clemens et al., 2010; Zhisheng et al., 

2011), significant variation within these were observed (Bond et al., 1993; Dansgaard 

et al., 1982; Heinrich, 1988). Abrupt shifts in the global climate were  observed during  

~ 100 - 10 ka, but not witnessed such events during the Holocene (Ganopolski and 

Rahmstorf, 2001; Heinrich, 1988). These short period, global scale abrupt climate 

events, were recorded in most of the high-resolution terrestrial and marine proxy 

records, possibly affected the Indian monsoon significantly (Burns et al., 2003; 

Deplazes et al., 2014, 2013; Dutt et al., 2015; Kathayat et al., 2016; Kudrass, 2001; 

Schulz et al., 1998; Shakun et al., 2007). 
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Our study on sediment core provides a continuous high-resolution record for the LGM 

to ~45 ka, covering the Marine Isotopic Stage-3 (MIS-3) and late MIS-2 (Figure 4.15). 

MIS-3 (~ 57 to 29 ka) was a warm period, and MIS-2 (~ 29 to 14 ka; LGM) was a cold 

period. Within MIS-3, global short term intense warm and cold periods were observed. 

These global cold (warm) events were associated with weaker (stronger) monsoon over 

the Indian subcontinent (Deplazes et al., 2014; Kudrass, 2001). These cold and warm 

events during the MIS-3 and MIS-2 were identified as Heinrich Events (HE) and 

Dansgaard-Oeschger (DO) events, respectively (Dansgaard et al., 1982; Heinrich, 

1988; Stocker, 1999).  

 

Figure 4.15: Down core δ18O variability of planktonic foraminifera species (G. ruber: blue 

curve and G. menardii: red curve; DO: Dansgaard-Oeschger Events; HE: Heinrich Events) of 

sediment core SK-151-A/3 from the southern Arabian Sea. Dark red vertical shades 

represent active monsoon, and dark green vertical shades represent weaker monsoon 

periods, purple arrows at the bottom shows the layers where radiocarbon 14C AMS ages 

were estimated. 

Previous studies have shown weakened monsoon conditions over the northern Indian 

subcontinent during Heinrich events and DO events (Deplazes et al., 2014, 2013; 

Kathayat et al., 2016; Kudrass, 2001). Our sedimentary δ18O record also shows 
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significant variation in δ18O of planktonic foraminifera in response to these short term 

abrupt global climate events. Relatively stronger monsoon periods were associated 

with the warm DO events, and the weaker monsoon periods were with the cold 

Heinrich Events. Abrupt events of monsoon co-relatable with the four Heinrich events 

(HE-2, HE-3, HE-4, and HE-5) and eight Dansgaard-Oeschger events (DO-2, DO-3, 

DO-4, DO-6, DO-8, DO-9, DO-10, and DO-12) were observed in our record (Figure 

4.14). Significantly changes in δ18O of G. ruber during these DO events were observed 

except for DO-2, where variation is small than other events. All were associated with 

higher δ18O values infers weaker monsoon. Similar to G. ruber, δ18O variability of 

subsurface species G. menardii also followed similar patterns during these abrupt 

events. The difference between δ18O of G. menardii and G. ruber species was less 

during the cold Heinrich events, and more during the warm DO events. This suggests 

that wind-induced mixing was vigorous during cold and was weak during warm events, 

possibly due to variations in the stratification. 

A significant variation in the δ18O of benthic species was observed for the last ~ 45-18 

ka. δ18O variation of benthic foraminifera represents cold and warmer periods and 

mostly associated with glacial and interglacial changes (Lisiecki and Raymo, 2005; 

Prell and Kutzbach, 1987; Shackleton, 1969). The benthic species (Uvigerina 

peregrine) δ18O ranges from ~ 2.76 to 1.76 ‰ for the last ~45 ka (Figure 4.16). Two 

extreme cold events (dark red vertical shades) and two very warm events (green vertical 

shades) were observed during the last ~ 45-18 ka. These intense cold and warm periods 

were associated with weak and strong monsoon conditions. 

The δ13C of benthic foraminifera varied from -0.01 to -1.32 ‰ for the last ~ 45 to 18 

ka (Figure 4.16). It varied opposite to the δ18O variation, with trends of low value in 

the warm events and higher values during the cold events. Two extreme high-value 

events, during ~ 29 to 27 ka and ~ 42- 41 ka, were observed in δ13C data of the benthic 

foraminifera. Lowest values in the data were observed during ~36-30 ka; however, 

during this period, significant changes in the δ18O were not found (Figure 4.16).  
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Figure 4.16: Downcore variability of δ18O (blue curve) and δ13C (red curve) of benthic 

foraminifera (Uvigerina peregrina). Patches are used to discuss extreme variations. 

4.4. The Bay of Bengal 

The BoB is an ideal place to understand the variability in the monsoon fed riverine 

input during the past. It is dominated by high riverine input, and direct precipitation 

than evaporation makes BoB a well stratified and low saline water body. The salinity 

increases from north to southern BoB (as moves away from the freshwater source 

regions). Very few studies have attempted to monsoon reconstruction from BoB (based 

on δ18O-foraminifera), and showed that during the Last Glacial Maximum Indian 

summer monsoon was weaker (Cullen, 1981; Duplessy, 1982; Kudrass, 2001; Rashid 

et al., 2007; Raza et al., 2014b) and winter monsoon was stronger (Sarkar et al., 1990). 

During LGM, the temperature was lower by 2-3 ºC (Rashid et al., 2007), and salinity 

was higher by 1-2 (psu) than the present values (Cullen, 1981; Kudrass, 2001).  

The surface biological productivity high over the BoB due to the monsoon induced 

surface dynamics but yet remains significantly lower than that observed in the AS. The 

high influx of freshwater riverine input makes the BoB a well-stratified water body 

which restricts the wind-induced vertical mixing  (Gomes et al., 2000; Madhupratap et 
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al., 1996b; Prasanna Kumar et al., 2002). Previous studies have shown, high 

productivity and downward particle flux were observed during the summer monsoon 

(Guptha et al., 1997). Small scale oceanic eddies play an essential role in increasing 

the productivity in BoB, by supplying a significant amount of nutrients in the photic 

zone through upward pumping of nutrient-rich subsurface water (S. P. Kumar et al., 

2007; Prasanna Kumar et al., 2004b; Vidya and Kumar, 2013; Vinayachandran and 

Mathew, 2003). During the periods of reduction in freshwater influx, direct 

precipitation, and during stronger winter monsoon season; the surface water becomes 

relatively denser, which initiates the vertical mixing, and hence, the stratification over 

the BoB is disturbed. Cold and dry winter monsoon winds increase the evaporation and 

cause the surface water to cools further, which enhances convective mixing in the BoB. 

This seasonal variation of convective mixing might be prolonged and become stronger 

during the cold and weak monsoon periods, such as glacial periods (e.g., LGM), and 

affects the productivity over the BoB. 

During the high surface productivity, organic carbon in the marine system plays an 

important role by consuming a significant amount of atmospheric carbon dioxide 

(CO2), and their preservation in the sediments causes long term sink for CO2 (Wollast 

and Billen, 1981). Due to high biological productivity and elevated sedimentation rates, 

continental margins are the hot spots for most of the carbon burial in the oceans (e.g., 

Premuzic et al. 1982; Smith and Mackenzie 1987; de Haas et al. 2002). The stable 

isotopic composition of organic carbon (δ13Corg) variations can help to understand the 

sources for total organic carbon during different climatic conditions (glacial and 

interglacial periods). The C4 plants have δ13C values higher than -20 ‰ whereas for 

C3 plants less than -20 ‰. 

Nitrogen is a critical nutrient in marine ecosystems and limits the growth of marine life 

over most of the oceans (Falkowski, 1997). Measurements of nitrogen isotope ratios 

(δ15N) in marine sediments provide a unique way of understanding the past and present 

marine nitrogen cycle and its relationship to climate change with time. δ15N 

compositions of sedimentary organic matter potentially reflect biological processes in 
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water columns, such as denitrification (Altabet et al., 1995; Ganeshram et al., 1995), 

nitrogen fixation (Haug et al., 1998), and the degree of nitrate utilization by algae 

(Altabet and Francois, 1994; Holmes et al., 1996; Robinson et al., 2004). However, 

alteration may occur (through various ways or processes; e.g., diagenesis) before the 

signal of δ15N of exported production is buried. As compared with the AS, the BoB is 

under-represented in paleoclimate and paleoceanographic perspective. In terms of 

paleoproductivity, no significant results have been reported so far, except Pattan et al. 

(2013).  

A ~ 4.85 m long sediment core (SK-336-GC-I) was retrieved from the western BoB for 

understanding paleo-productivity variability. The age-depth model shows SK-336-GC-

I gives a continuous record for last ~16ka (Figure 4.17). The AMS 14C ages and 

calibrated ages are given in Table 4.3. The age model indicates that the core SK-336-

GC-I provides a continuous record of the last ~ 16 ka. A significant variation in the 

sedimentation rate was observed, as shown by changes in the slope (Figure 4.17). 

 

Figure 4.17: Age-depth model of a sediment core from western BoB (SK-336-GC-I). Slopes 

represent the sedimentation rates. The black dots (ages) represent the calibrated 14C AMS ages, 

and the error bar represents the ranges in age (for calibrated ages). 

Table 4.3: AMS 14C dates and calibrated ages of Sediment core SK-336-GC-I. 
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4.4.1. Paleoproductivity variability for last ~16 ka 

The 4.85 m long sediment core (SK-336-GC-I) provides continuous records of the last 

~16 ka, and samples were analyzed for δ15N, δ13Corg, and N & Corg (wt. %). The δ13Corg 

values ranged from -24.19 to -15.14 ‰ during the last ~16 ka, with maximum depletion 

was observed during ~6 ka (Figure 4.18a). However, a strong reduction (a spike) was 

observed with value -24.19 ‰ in the recent sediment. During the early deglacial to 

early Holocene (~16 – 8 ka), a depleting δ13Corg trend was observed, followed by an 

increasing trend until present (~8ka – present). During Holocene, δ13Corg was observed 

as ~ -20.5 ‰ (Figure 4.18a). The δ13Corg data was associated with depleted values 

during Holocene (average value < -20 ‰) and during deglacial periods (16-11 ka) 

associated with higher values (> -20 ‰), which show the C4 plants contributed 

significantly during the deglacial period (Figure4.18a). Similar variations with higher 

values during the cold events: (MIS 2 - 4) observed in the sediment core records from 

the AS, BoB, and Andaman Sea (Fontugne and Duplessy, 1986). 

Overall, δ15N of bulk sediment varied from 3.76 - 6.88 ‰ with maximum enrichment 

during early deglacial and present, whereas the maximum depletion was observed 

around the mid-Holocene (~ 4 - 5 ka; Figure 4.18b). An increasing trend in δ15N of the 

bulk sediment was observed between the mid-Holocene to the present. During the early 

Holocene, δ15N was ~ 5 ‰, which is higher than the mid-Holocene but lower than the 

early deglacial and recent sediments. Significant variability, with an overall decreasing 

trend, was observed during ~16 – 8 ka. δ15N having high values during the deglacial 

and then becomes low during the early to mid-Holocene (~8 – 4 ka); might be due to 

decrease in the productivity and denitrification (e.g., Altabet et al. 2002) owing to the 
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enhanced stratification induced by variation in the monsoon intensity during early to 

mid-Holocene over the BoB (Figure 4.18b). 

Significant variations in the Corg (wt %) and N (wt %) were observed during the last 

~16 ka (Figure 4.18c, d). The Corg (%) and N (%) values varied from 1.26 to 3.23 (%) 

and 0.06 to 0.15 (wt %), respectively. A spike in higher Corg value (~ 3.23%) was 

observed in the recent sediment during the mid-Holocene and late deglacial period 

(excluding the spiked value), and minimum values were observed during the early 

deglacial and the present sediment samples (Figure 4.18c). During the early Holocene, 

the mean Corg was ~1.8 %, which was less than the mid-Holocene and late deglacial 

but higher than the early deglacial and the present sediment samples. During early to 

late deglacial, an increasing Corg was observed with lower values during the early 

Holocene (~8 - 10 ka) followed by an increasing and then decreasing trend in Corg 

values during (~8 – 4 ka) and (~4 ka - present), respectively. Similar to the Corg (wt %), 

N (wt %) values also show an overall increasing trend during deglacial to early 

Holocene and decreasing trend during early Holocene to present samples (Figure 

4.18d). During the early Holocene, the mean N (~ 0.12 %) was relatively higher than 

the present and the early deglacial sediment samples. The range of Corg (wt %) values 

observed at our study site is similar to the values estimated in the eastern and central 

BoB (Fontugne and Duplessy, 1986), and western BoB (Krishna et al., 2013; Phillips 

et al., 2014). Corg composition can be influenced by productivity as well as by the 

terrestrial organic carbon fluxes (Burdige, 2005) and by the rate of decomposition 

(Canfield, 1994; Versteegh and Zonneveld, 2002). A higher sedimentation rate can also 

influence Corg content since it may suppress oxygen exposure required for the 

decomposition (Müller and Suess, 1979). 

Large fluctuations in the record of C/N ratios were observed during the last ~16 ka; 

with an overall decreasing trend during deglacial and increasing trend during the 

Holocene (Figure 4.18e). C/N ratios ranged from 12.65 - 22.75, with an average value 

of ~ 17.75 during the last ~ 16 ka. The lowest C/N ratios were observed during the 

early Holocene (Figure 4.18e). 
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Figure 4.18: Downcore variation of a) δ13Corg b) δ15N c) Corg (wt %) d) N (wt %) and e) C/N 

ratio of bulk sediment of SK-336-GC-I core from the western Bay of Bengal. Purple arrows 

at the bottom (x-axis) show the layers where radiocarbon 14C AMS ages were 

estimated. 

Considerable variation in the regional productivity over ocean during different climatic 

conditions (such as glacial and interglacial periods), with some regions experiencing 
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an increase of productivity during warmer periods (Pedersen, 1983; Schrader, 1992), 

and in other regions during cold periods were observed (Kumar et al., 1993; Otto et al., 

1995). Our data shows relatively higher productivity conditions during the deglacial 

than during the Holocene (increasing Corg and δ15N trends). During the early deglacial 

period, a weak summer monsoon and relatively stronger northeast monsoon might 

result in a favorable condition (less-stratified water column, evaporative cooling 

induced density convective mixing) for increased productivity than those during the 

Holocene. 

The overall variations in the bulk sediment δ13Corg and C/N ratios from the BoB show 

a mixed influence of terrestrial and marine input during the deglacial to the late 

Holocene (16 ka to present). It triggers the need for additional analysis of multiple 

geochemical proxies for a clear and better understanding of terrestrial and marine 

sources of the organic matter. 

4.5. The Andaman Sea 

The Indian Summer Monsoon is a primary source of freshwater to all major river 

systems of India, Bangladesh, Pakistan, and Myanmar. As all these rivers finally 

debouch into the Indian Ocean and make it a potential region for studying the variations 

in the freshwater discharges (river runoff/direct precipitation) which is primarily 

modulated by the ISM (Milliman and Meade, 1983; Mohanty et al., 2008; Rashid et 

al., 2007). The BoB and the Andaman Sea (Colin et al., 1999, 1998) in the north-eastern 

Indian Ocean gets a significant supply of freshwater during summer monsoon through 

the rivers like Ganga, Meghna, Brahmaputra, Irrawaddy and Salween (Subramanian, 

1996, 1993). These river systems makes the northern BoB always fresher than the 

southern BoB with a salinity gradient of ~0.2 per degree latitude (Sijinkumar et al., 

2016) and this low saline water later is transported to the other basins through the 

boundary currents (Schott and McCreary Jr, 2001b; Vinayachandran and Kurian, 2008; 

Wyrtki, 1973).  
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The previous planktonic foraminiferal δ18O based studies from the Indian Ocean 

showed weaker ISM (Duplessy, 1982; Kudrass 2001) and stronger winter monsoon 

than the present during the LGM (Sarkar et al., 1990). Based on upwelling indices such 

as the abundance of planktonic foraminiferal species (e.g., Globigerina bulloides) and 

variability in eolian inputs, the strength, and timing of the past monsoon winds were 

inferred from sediment records of the western AS (Gupta et al., 2003; Singh et al., 

2016). Paleo-monsoon reconstruction studies based on sediment cores from the 

Andaman Sea (Ahmad et al., 2000; Colin et al., 1999, 1998; Naqvi et al., 1994; Rashid 

et al., 2007) have reported glacial-interglacial variations in the surface water 

characteristics of Andaman Sea (Ahmad et al., 2000, 2008). Fossil records from the 

Andaman Sea showed variation in the productivity, maximum abundance, and 

excellent preservation of pteropods during the stadial periods (Sijinkumar et al., 2015, 

2010b). Based on the paired Mg/Ca and δ18O data on the planktonic foraminifer shells, 

Rashid et al. (2007) showed rapid changes in climate during the last deglaciation and 

Holocene including substantial changes in the Indian Ocean monsoon system. 

Sijinkumar et al. (2016) showed that the Andaman Sea was relatively fresher in 

comparison to BoB surface waters during LGM probably due to the semi-enclosed 

nature of the Andaman Basin.  

While there are a good number of studies aimed at reconstructing the paleo-monsoon 

from the foraminiferal δ18O records from the Andaman Sea, very few studies tried to 

examine the relative differences of δ18O between the species dwelling within the Mixed 

Layer Depth (MLD; G. ruber and G. sacculifer; Fairbanks et al., 1980, 1982; Anand et 

al., 2008) and the Thermocline Depth (TD; G. menardii), which can give clues to the 

past changes in the upper ocean stratification (e.g., Singh et al., 2016). Therefore, here 

I discuss new results on δ18O of G. sacculifer (MLD species) and G. menardii (TD 

species; Fairbanks et al., 1980) from a core SK-234-60 from the Andaman Sea (Figure 

4.19). The two planktonic species from different habitat depths were used to examine 

the freshwater-induced stratification in the Andaman Sea, and its variation with related 

to paleo-monsoon intensity.  
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Figure 4.19: Location of the sediment core SK-234-60 (filled diamond; red) used in this study, 

also shown are cores from the Bay of Bengal (126 KL: Kudrass et al., 2001; VM 29-19: Rashid 

et al., 2011; SK 157-14: Raza et al., 2014) and the Andaman Sea (SK 168: Sijinkumar et al. 

2011) studied earlier. GRIP ice core (Grootes and Stuiver 1997) NIOP-905 (Western Arabian 

Sea, Jung, et al. 2009) and SO130-289KL (the northeastern Arabian Sea, Deplazes, et al., 2013) 

are also used in this study (shown in inset). 

4.5.1. δ18O variability for last ~66 ka 

The δ18O of G. ruber varied from ~ -0.32‰ to -3.12‰, G. sacculifer from ~ -0.57‰ 

to -2.81‰ while G. menardii ranged from -0.56‰ to -1.31‰ during the last ~66 ka 

(Figure 4.20). These isotopic compositions of G. ruber, G. sacculifer, and G. menardii 

show that the relatively different habitats were maintained through time, except during 

times of reduced monsoon runoff, when this difference decreased. 

Planktonic foraminiferal δ18O variation is a function of temperature and δ18O of 

seawater (δ18Osw). Thus, it is important to remove the temperature effect influences to 

interpreting planktonic δ18O as δ18Osw alone. Using the Mg/Ca record for the last ~54 

ka presented by the Gebregiorgis et al. (2016), temperature effect on the G. ruber and 

G. sacculifer δ18O variation has been corrected. The earlier (~66-54 ka) part of the δ18O 

data is corrected by assuming that change in the temperature during that period was 

less than 1ºC, so 0.1‰ correction to the δ18O of both G. ruber and G. sacculifer were  
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applied. After correcting for the temperature effect, the paleo-monsoon variation over 

the Andaman Sea is inferred based on the δ18O of G. ruber (Figure 4.18). The δ18O of 

G. ruber varied from -1.4‰ to -2.6‰ during MIS-3 (~57-24 ka; Figure 4.20). The δ18O 

of these species remained constant during ~58-42 ka; thereafter a sudden depletion in 

the δ18O of G. sacculifer followed by gradual enrichment till late MIS-3 (42-25 ka) is 

seen, whereas G. menardii shows a gradual depletion trend from 42-25 ka (Figure 

4.20). During ~58 ka, another cold event was observed, with a δ18O value of ~ -1.2‰ 

for G. ruber, which is less depleted than during the LGM (~ -0.3‰).  

4.5.2. Paleomonsoon reconstruction 

A)  δ18O variation during the LGM to Holocene: 

The 18O enrichment (relative to the early Holocene) during the LGM in G. 

menardii was the lowest, followed by G. sacculifer (respectively ~1.1‰ and 

~1.6‰) and G. ruber (~1.8‰, indicating that the δ18O values mainly responded 

to the surface water 18O depletion due to monsoon runoff variation). This 

enrichment bolsters the earlier observation of Duplessy (1982) of a relatively 

weaker ISM during the LGM and higher evaporation due to increased dry and 

cool winter monsoon along with the global ice volume change (Sarkar et al., 

1990). The mean observed changes in the δ18O of G. ruber during LGM to early 

Holocene was ~ -1.85‰ (Figure 4.20). This variation may be contributed by 

the global ice volume effect (~1.1‰; (Fairbanks and Matthews, 1978; Schrag 

et al., 1996), and the remaining ~0.75‰ by the local changes (E-P/freshwater 

runoff induced salinity). Kudrass et al. (2001) showed that the salinity was 2 

(psu) higher than that at present from the northern BoB during the LGM, 

whereas Cullen et al. (1981) showed that it was about 1 (psu) higher for the 

same time period. This study shows that the remaining ~ 0.75‰ change is 

contributed by increased salinity by 2 (psu) due to a strong excess of 

evaporation over precipitation, (i.e., positive E-P; Duplessy, 1982; Sarkar et al., 

1990). An increased ISM strength, i.e., systemically depleted 18O composition 

of G. ruber observed during the transition period of LGM to the Holocene 

corroborates earlier studies, that reported a significant increase in the summer 
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monsoon (Kudrass et al., 2001; Rashid et al., 2007; Govil and Naidu, 2011). 

However, the present core is unable to record clearly the short duration cold 

event Younger Dryas (YD) due to the coarse resolution of the record (Figure 

4.18). According to Sonzogni et al. (1998) and Rashid et al. (2007), during the 

Holocene SST variation was insignificant, and the observed δ18O variation was 

mainly controlled by the salinity changes due to fluctuations in the river influx 

to the Andaman Sea.  

 

Figure 4.20: Downcore δ18O data of SK-234-60 for G. ruber, G. sacculifer (mixed layer 

dwelling species), and G. menardii (thermocline dwelling species) from the 250–355 µm size 

fractions. AMS 14C- dated depths are marked by red inverted triangles (Ages were obtained 

from AMS laboratory, Arizona, USA; Awasthi et al., 2014). Marine Isotopic Stages (MIS) are 

represented by the lines at the top of the plot. Blue vertical shades represent the weaker 

monsoon, and red vertical shades represent the stronger monsoon periods. 

The mixed layer dwelling species G. ruber is very temperature sensitive (Sadekov et 

al., 2009); this shows that δ18O variation of G. ruber during the Holocene was more 

dominantly controlled by the river runoff to the Andaman Sea (Bolton et al., 2013; 

Mohtadi et al., 2014). An abrupt decrease in the monsoon strength was observed during 
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early mid-Holocene (~7-4.5 ka; Figure 4.20). This led to the steep depletion in the 18O 

variation trend of planktonic foraminifera from the late LGM to the early Holocene 

shows the increase in ISM and a consequent large freshwater influx to the Andaman 

Sea. The isotopic compositions of the other two planktonic foraminiferal species G. 

sacculifer and G. menardii also show similar variations (Figure 4.18). 

B)  δ18O variation during Marine Isotopic Stages-3 (MIS-3): 

The relatively enriched (depleted) average δ18O of planktonic species G. ruber 

during MIS-3 than the early Holocene (LGM) shows weaker (stronger) ISM 

during MIS-3 relative to the early Holocene (LGM). Previous work by (Govil 

and Naidu, 2010) based on the δ18Ow shown that the monsoon-driven 

precipitation was stronger in MIS-3 than the LGM and weaker than at present. 

During MIS-3, the average δ18O of G. ruber remained more or less constant, 

followed with enrichment of δ18O during the late MIS-3, represent the 

weakening of ISM and positive E-P during late MIS-3 (Figure 4.20). Whereas 

significant change in the δ18O of G. sacculifer and G. menardii is observed 

within the MIS-3, a sudden depletion in the δ18O of G. sacculifer from early to 

mid-MIS-3 followed by steep enrichment whereas, the δ18O of G. menardii 

shows a weaker enhancement followed by the steep enrichment trends 

indicating relatively stronger monsoon during early to mid-MIS-3 followed by 

the weaker monsoon than during late MIS-3. Another strong 18O depletion of 

planktonic foraminifera species was observed at ~62 ka (late MIS-4) shows 

intensified monsoon activity other than during the early Holocene (Figure 

4.20). 

4.5.3. Freshwater induced paleo-ocean stratification 

The stratification in the BoB and the Andaman Sea is mainly controlled by the 

freshwater runoff from the monsoon-driven rivers and the direct precipitation 

(Chamarthi et al. 2008; Silva et al. 2017). The relative difference of δ18O of G. menardii 

(TD) and the G. sacculifer (MLD; δ18Omen - δ
18Osac) indicates the degree of surface 
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(upper ocean) stratification (Singh et al., 2016). Direct precipitation/river (low salinity 

water) runoff due to stronger monsoon strengthens the upper ocean stratification, and 

weaker runoff periods disturb the stratification. The mean difference in δ18O between 

G. ruber and G. sacculifer is -0.14±0.42 and is not considered here as it is rather 

insignificant considering analytical errors. The difference between G. menardii and G. 

sacculifer is 1.48±0.46 and is considered to decipher the upper ocean stratification. In 

the present study, three strong upper ocean stratification events (blue vertical shades) 

and three weak stratifications (red arrows) periods have been observed during the last 

~66 ka (Figure 4.21). A significant lower difference in (δ18Omen－δ18Osac) during the 

LGM (Figure 4.21) shows weaker stratification due to the reduced runoff of freshwater 

as a result of the weaker southwest monsoon (Duplessy et al., 1982) and stronger winter 

monsoon than at present (Sarkar et al., 1990). The situation might have increased the 

wind-driven mixing by lowering TD in the Andaman Sea. The significantly higher 

difference in (δ18Omen－δ18Osac) during the early Holocene indicates the stronger 

stratification by increased freshwater runoff, which reduces the wind-driven mixing, 

followed by the weaker stratification towards mid-Holocene.  

 

Figure 4.21: δ18O of G. sacculifer, G. menardii, and (δ18Omen－δ18Osac) for the last ~66 ka from 
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sediment core SK-234-60. Blue vertical shades represent periods of stronger upper ocean 

stratification; red arrows represent weaker stratification events; grey vertical shades represent 

weak stratification during Heinrich events. AMS 14C- dated depths are marked by red triangles. 

Horizontal dashed lines show the average values for different time intervals discussed in the 

text. 

Previous studies from the Andaman Sea have shown that during the early Holocene 

monsoon was stronger than the present and the thermocline was deeper, followed by 

shoaling of thermocline depth from the early to mid-Holocene, with a sharp increase in 

ΔTMLD-TD (temperature difference between MLD and TD species) with decreasing 

monsoon strength (Sarkar et al., 1990; Gebregiorgis et al., 2016). Based on the ΔTMLD-

TD variations, Gebregiorgis et al. (2016) have shown that the thermocline was shallower 

during the YD and LGM. The observed average stratification strength (horizontal 

dashed lines) during the early to mid-MIS-3 (~43-60 ka) is relatively stronger than 

LGM but weaker than early Holocene, indicating the stronger monsoon activity. 

Another strong stratification was observed during mid to late MIS-3 (~43-39 ka), which 

is much stronger than the early Holocene stratification, representing the stronger 

monsoon event, whereas in the δ18O of G. ruber such monsoon activity is not observed. 

During the Heinrich events, i.e., short timescale North Atlantic cold events (Heinrich 

1988; Bond et al., 1993), the monsoon was weaker (Deplazes et al., 2014). These 

weaker monsoon events are also observed in the core SK-234-60, with relative lower 

(δ18Omen－δ18Osac), shows the weaker stratification during these events (Figure 4.21; 

grey vertical bars) due to reduced monsoon runoff. 

4.5.4. Comparison of results from Sediment Cores from the Indian Ocean   

Previously published δ18O of planktonic foraminifera species from well-dated sediment 

cores of the Indian Ocean (Kudrass et al., 2001; Rashid et al., 2011; Sijinkumar et al., 

2011; Raza et al., 2014; Figure 4.19) and GISP δ18O (ice core)  compared with the 

present sediment core SK-234-60 record (Figure 4.22a, b). The major climatic events, 

including Heinrich events (LGM, H-1, 2, 4, 5 and 6, YD; cold events), have been 

observed in all the cores, which indicates that the climate of different regions of the 

world is quite connected (Figure 4.22a). The monsoon was weaker during all these cold 
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events resulting in weak stratification. The δ18O variations of planktonic species match 

well with summer insolation variation at 30ºN. The documented changes in SK-234-

60 are coherent with observed δ18O variations in the sediment cores from the AS and 

the BoB (Figure 4.22a, b). This implies that the past variation in the Indian Ocean 

currents system was well preserved and recorded by all the cores. The abrupt 

weakening of ISM during the mid-Holocene (~7-4 ka) in δ18O of SK-234-60 was also 

observed in the KL-126 record from the northern BoB. The relatively lower decreasing 

slope in the KL-126 compared to SK-234-60 is due to a large number of rivers 

debouching into the northern BoB, whereas Irrawaddy and Salween are the only two 

river systems contributing freshwater to the Andaman Sea (Ahmad et al., 2000). Steady 

δ18O variations with an overall small enrichment trend with large fluctuations during 

the MIS-3 (~ 57-25 ka) are observed in all the sediment cores from the Indian Ocean 

(Figure 4.22b). 

The δ18O values of G. ruber of the present study SK-234-60 during the early Holocene 

is more negative than the southern BoB core (Raza et al., 2014); but less negative in 

comparison with the northern and western BoB cores (Figure 4.22b) (Kudrass et al., 

2001; Rashid et al., 2011). These spatial variations of δ18O show that the surface 

seawater of the Andaman Sea was depleted 18O during early Holocene than southern 

BoB surface water but enriched than the northern BoB surface water, which might be 

due to the relative difference in the freshwater discharge to the respective locations. 

The increase in the monsoon strength from late LGM to early Holocene with maximum 

18O depletion during the ~8 ka has been recorded by all cores and confirmed by cores 

from the eastern AS (Banakar et al., 2010 and references cited). Except for the southern 

BoB, the rest of the core locations show a weakening of ISM during the mid-Holocene. 
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Figure 4.22: a) Comparison of the δ18O time series of the Andaman Sea sediment core SK-

234-60 (present study) with δ18O values of GRIP ice core (Green, Grootes and Stuiver., 1997) 

, the  insolation at 30°N (dashed gray line); the δ18O record of the planktic foraminifera N. 

dutertrei from the Arabian Sea core NIOP-905 (Yellow, Jung et al., 2009) and the reflectance 

data from the Arabian Sea sediment core SO130-289KL, (dark green, Deplazes et al., 2013). 

The grey vertical bands represent ice calving events in the North-Atlantic known as Heinrich 

events and are shown from H-1 to H-6, the colder stadial YD. b) Comparison of data from the 

Bay of Bengal (Kudrass et al., 2001; Rashid et al., 2011), the Andaman Sea (Sijinkumar et al., 

2011) and from the southern Bay of Bengal (Raza et al., 2014) sediment cores with the present 

study. 

4.6. Conclusion 

a) A fresh data set of seawater δ18O and salinity shows, except for the central 

coastal Eastern Arabian Sea (which is influenced strongly by the summer 

monsoon runoff from the Western Ghats of India during summer monsoon), 

there is a strong effect of winter monsoon and West India coastal currents on 

the seawater δ18O-S relation. A compilation of recent high resolution 

foraminiferal δ18O data from 22 sediment cores from the Eastern Arabian Sea 

appears to dispel the idea that the south Asian Summer monsoon has steadily 



131 | P a g e  

 

declined during the Holocene. Speleothem δ18O data from central India (core 

monsoon region) and planktonic foraminiferal δ18O of several sediment cores 

from the Eastern Arabian Sea do indicate that the summer monsoon steadily 

strengthened during the Holocene.  

b) Based on δ18O of planktonic foraminifera from the southern Arabian Sea for 

the last ~ 45 ka record, four intense active monsoon periods were observed with 

lower δ18O values. However, another active monsoon was observed during ~42 

– 41 ka. Three weaker monsoon periods were observed with higher δ18O values, 

with ~ 0.7 ‰ enrichment. Similar strong and weak monsoon periods were 

reproduced by the deep-dwelling planktonic species G. menardii. Significant 

variation in the δ18O values of G. ruber in response to abrupt short term climate 

events were observed, with warm Dansgaard-Oeschger events associated with 

stronger monsoon and cold Heinrich Events were associated with the weaker 

monsoon. Benthic δ18O variability shows two extreme cold and two warm 

events during the last ~ 45-18 ka, associated with the weaker and stronger 

monsoon, respectively. The δ13C of benthic foraminifera varied opposite to 

δ18O variation with lower value trend in the warm events and higher trend 

during cold events. Two extreme higher value events were observed in δ13C of 

benthic foraminifera during ~ 29 to 27 ka and ~ 42-41 ka. Extreme lower values 

were observed during ~36-30 ka and a lower peak during ~49 ka; however, 

during these periods, significant changes in the δ18O were not observed. 

c) Significant variation in δ15N, δ13Corg, and N & Corg (wt %) of bulk sediment 

from the BoB are observed for the last ~ 16 ka. These variations show that for 

the last ~ 16 ka, productivity over the western BoB was changed significantly. 

Sediment core record shows that during the early to late deglacial period, δ13Corg 

was higher than -20 ‰ infers the C4 plants contributed significantly. Relatively 

stronger productivity was observed during deglacial than during Holocene 

(increasing Corg and δ15N trends); due to variation in the upper ocean 

stratification. During the early deglacial period, a weaker southwest monsoon 
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and relatively stronger northeast monsoon might result in favorable conditions 

(less-stratified water column, evaporative cooling induced density convective 

mixing) for relatively stronger productivity than during Holocene. The overall 

variation of bulk sediment δ13Corg and C/N ratios from the BoB show a mixed 

influence of terrestrial and marine input during the deglacial to late Holocene 

(~ 16 ka to present). 

d) Based on the records of δ18O variations in the three different planktonic 

foraminiferal species from the Andaman Sea, an abrupt decrease in the 

monsoon runoff during the mid-Holocene (7-4.5 ka) is inferred. During MIS-3, 

summer monsoon was relatively weaker than MIS-1 and stronger than MIS-2. 

Based on the δ18O difference of foraminiferal of MLD dwelling and TD 

dwelling species, distinct weaker and stronger freshwater induced upper ocean 

stratification events were observed. Strong stratification is observed during the 

early Holocene, mid-MIS-3, and at ~62 ka due to an increased freshwater influx 

from Irrawaddy, Salween river systems, and direct precipitation over the 

Andaman Sea whereas weak stratification is observed during the LGM and late 

MIS-3. Freshwater induced stratification was stronger during the early to mid-

MIS-3 than that during LGM, but weaker than that during early Holocene. 

Weaker monsoon strength was observed during the Heinrich events associated 

with weaker stratification. The compilation of different sediment cores from the 

BoB and the Andaman Sea shows that during early Holocene, the δ18O of 

surface seawater in the Andaman Sea was depleted than that from southern 

BoB, but enriched from northern and western BoB core records. 
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Indian Summer Monsoon (ISM) plays a key role in the climate of southeast Asia. It 

contributes 80% of the annual rainfall over central Indian plains (Bollasina, 2014; Jain 

and Kumar, 2012; Mooley and Parthasarathy, 1984). The average ISM rainfall over 

India (1901 – 2013) is about 900 ± 90 mm, where below or above one standard 

deviation (~10%) signifies drought and flood conditions (Saikranthi et al., 2017). It has 

been observed that apart from the long term (Glacial and interglacial periods) and short 

term (cold and warm periods such as Heinrich and Dansgaard–Oeschger, Younger 

Dryas events) global climate events, the climatological average rainfall over India 

varies at intra-annual to intra-seasonal timescales (Ashok et al., 2007; Gadgil, 2003; 

Wang et al., 2003). These high-frequency fluctuations in the ISM have been identified 

to be associated with coupled global ocean-atmospheric processes. 

The geographical coverage of the Indian subcontinent is large enough to observe the 

spatial variability in rainfall patterns during the same season, which has large 

heterogeneity, and hence considering it as a single entity is not appropriate. El Niño-

Southern Oscillation (ENSO), plays an important role in modulating the ISM strength 

(Kumar et al., 1999; Maity and Kumar, 2006; Mishra et al., 2012; Turner et al., 2005). 
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Influence of El-Niño (a positive sea surface temperature anomaly: SST anomaly over 

the central Pacific Ocean) on ISM have been studied widely (Ashok et al., 2004, 2001; 

Ashok and Saji, 2007; Kumar et al., 1999; Navarra et al., 1999; Sarkar et al., 2004; 

Sikka, 1980; Walker, n.d.). ENSO has a profound impact on weather and climate at 

global scales (Cai et al., 2011; Collins et al., 2010; Deser et al., 2010; Trenberth, 1997; 

Wallace et al., 1998). Besides, other coupled processes such as Indian Ocean Dipole, 

Madden Julian Oscillation, Pacific Decadal Oscillation are known to affect ISM 

(explained in Chapter-1). 

The oxygen isotope of rainfall (δ18Orain) is used as a proxy for rainfall reconstruction 

(Burns et al., 2002; Craig, 1961; Dansgaard, 1964). A decrease in δ18O is inferred as 

the strengthening of rainfall (amount effect; Dansgaard 1964). There is scarcity in the 

availability of long term and spatially well-distributed δ18Orain observations over the 

Indian subcontinent, and most studies were restricted to regional scales. Past-rainfall 

variation has been studied based on the δ18O of different continental/marine proxies 

(such as tree rings, cave deposits, corals, and deep-sea sediment cores) over tropical 

regions (Explained in Chapter-1). Speleothem (calcium carbonate cave deposits) is a 

continental proxy for the reconstruction of ISM. The high-resolution (annual layer 

formation) cave deposit records and tree ring chronology records from different regions 

of the Indian subcontinent were used to identify the drought and heavy rainfall periods 

(Cook et al., 2010; Sinha et al., 2011b, 2007).  

Very few studies using the rainfall and δ18Orain variability have focused on ENSO 

influence on the spatial and temporal variability of rainfall over Indian subcontinent 

(Midhun and Ramesh, 2016; Myers et al. 2015). ENSO is believed to affect ISM: most 

of the severe droughts in India were associated with active ENSO periods. Given the 

heterogeneity in rainfall patterns over India, in this work, I revisited the ENSO 

influence on ISM to understand the spatial and temporal patterns of instrumental 

rainfall record and model-simulated δ18Orain during ENSO events and their implications 

for paleoclimate reconstruction.  
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5.1. Study Area and Multi-data Analysis 

In this study, the monthly and seasonal rainfall variations over the Indian subcontinent 

regions bounded by 74.5 – 86.5°E, 16.5 – 26.5°N (Central Indian region, CI; also 

known as core monsoon region) and 92.5 – 110°E, 22.5 – 25.5°N (Northeast Indian 

region, includes Bangladesh, Myanmar, and other adjacent regions; NEI) were studied 

during El- Niño periods.  HadISST derived SST anomaly over Niño3.4 index region 

used as an El-Niño indicator. The Homogeneous Indian Monthly Rainfall Data (rain 

gauges data), Global Precipitation Climatology Project (GPCP) satellite remote sensing 

derived data, and isoGSM model simulated δ18Orain and rainfall data used for spatial 

and temporal rainfall analysis. In addition, two high resolution (annual growth) cave 

deposit speleothem records from Jhumar cave (CI record) and Wah Shikar Cave (NEI 

record) were studied for past spatial variability in ISM over Indian subcontinent in 

response to ENSO. Detailed information on the data is given in Chapter-2. 

5.2. Climatological rainfall pattern 

5.2.1. Monthly rainfall variation 

With the north-southward movement of ITCZ, the spatial patterns of rainfall over the 

Indian subcontinent at a monthly scale varies spatially and temporally. Knowledge on 

the variability of rainfall in response to ENSO will help to identify the deviation of 

normal rainfall regions while forecasting during the ENSO episodes. The spatial 

correlation patterns of the climatological monthly average rainfall and SST anomaly 

over the Niño3.4 index (ENSO indicator) for 1979-2013 shows significant variability 

in the rainfall pattern distribution at the regional scales (Figure 5.1). During February-

September, rainfall over central to southern peninsular India was negatively correlated 

with ENSO, whereas during January, October, and November most of the Indian 

regions were associated with a positive relation. Eastern India and most parts of 

Myanmar and the Bangladesh regions were associated with strong positive correlation 

during February, March, July, October, November, and December with weak positive 

correlation during September. 
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Figure 5.1: Spatial correlation coefficient patterns for rainfall and SST anomaly (for Niño3.4 region) over the Indian subcontinent and 

adjoining oceans at monthly timescales for 1979 – 2013. The correlation regions bounded by r > |0.3| are significant at p < 0.05. 





These positive and negative correlations with SST anomaly over the Niño3.4 region 

(ENSO indicator) showed regions with above and below the normal rainfall, 

respectively. These significant positive (negative) spatial correlations of rainfall and 

Niño3.4 show the active (weak) rainfall condition during corresponding El- Niño 

months. A positive correlation between rainfall and ENSO during July to November 

over the Andaman Islands (and nearby ocean) and negative correlation during the 

remaining months (Figure 5.1) were observed. These spatial correlation patterns 

suggest that during the El-Niño (La-Niña) periods, the Andaman Islands landmass may 

get an above normal (weaker) rainfall than the rest of months. However, rainfall 

variability at monthly timescales over the Indian subcontinent is not merely the ENSO 

effect, and there are other local and shorter time scale processes (examples Madden 

Julian Oscillation), which can also affect the rainfall patterns at monthly timescales. 

Previous studies have shown that the active/break monsoon periods in the rainfall over 

the Indian subcontinent at regional scales are associated with the migration of 

convecting clouds associated with the MJO (Joseph et al., 2009). Despite various other 

processes which can affect rainfall patterns, significant spatial correlations of 

climatological monthly mean rainfall and corresponding climatological monthly mean 

ENSO were observed.  

5.2.2. Seasonal rainfall variation 

The seasonal variations of rainfall amount are controlled by the variability in wind 

strength, direction, and associated moisture content, with maximum rainfall during the 

summer monsoon (June, July, August, and September: JJAS). During winter monsoon 

(December, January, and February: DJF), most southeastern peninsular India (Tamil 

Nadu, Pondicherry, and some parts of Kerala) gets the maximum rainfall (discussed 

more details in Chapter-1). During the El-Niño periods, seasonal rainfall varied 

spatially (Figure 5.2 and Figure 5.3). Spatial correlation patterns of rainfall and ENSO 

showed a significantly strong negative correlation over the southeastern Indian 

subcontinent (during DJF), which infers winter monsoon rainfall over these regions are 

below normal (Figure 5.2a). During normal rainfall conditions, JJAS analysis showed 
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maximum rainfall over the Western Ghats, CI, and NEI, but during El-Niño events, 

significant changes in these rainfall patterns were observed with a dipole variation 

(exact opposite rainfall condition over CI and NEI Figure 5.2b). During the El-Niño 

events, the rainfall over the Western Ghats and CI reduced (negative correlation), and 

the amount of rainfall over NEI (includes Myanmar and southern Bangladesh) 

remained around the climatological mean or above (positive correlation; Figure 5.3). 

However, Saikranthi et al. (2017) have shown that the rainfall systems are distinctly 

different during the El-Niño and La-Niña events, which were associated with variation 

in the Walker circulation branches over India and adjoining Oceans.  

 

Figure 5.2: Seasonal variation of spatial correlation patterns of rainfall and Niño 3.4 index 

over the Indian subcontinent and adjoining oceans during 1979-2013 a) winter (DJF) b) 

summer (JJAS) c) pre-monsoon (MAM) and d) post-monsoon (ON). The regions with 

correlations coefficients |r| > ± 0.3 bounded by are significant at p<0.05. 
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During neutral ENSO conditions, some parts of northern India get rain due to western 

disturbances pre-monsoon (MAM). While during ON, eastern coastal India gets rain 

as a result of the cyclonic activity over the Bay of Bengal. A spatial weaker correlation 

of rainfall pattern showed reduced rainfall conditions during MAM and ON (Figure 

5.2c, d), which might be due to weakening of cyclonic activity over the Arabian Sea 

and Bay of Bengal. Previous studies have shown the reduced tropical cyclone activity 

during the El-Niño periods (Felton et al., 2013; Mahala et al., 2015; Mohapatra et al., 

2015). The low-level anti-cyclonic vorticity inhibits convection and low tropical 

cyclonic heat potential over the Bay of Bengal, which provides negative feedback for 

cyclone during El-Niño (Girishkumar and Ravichandran, 2012b). The weak negative 

correlation of ENSO events with rainfall for ON shows the reduced tropical cyclones 

induced rainfall conditions (Figure 5.2d). The spatial correlation analysis at seasonal 

scale shows that during ENSO events, a below-normal rainfall (weak spatial 

distribution of rain systems) over most parts of the Indian subcontinent was observed 

except over few regions of northern and NEI (Figure 5.2). CI and NEI receive below 

and above normal rainfall, respectively, during moderate to strong ENSO events during 

JJAS (Figure5.3). Weak but significant negative correlation showed reduced cyclone 

activities during MAM and ON. Reduced rainfall conditions during winter monsoon 

during DJF, needs to be studied in details and reconfirm it.  
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Figure 5.3: Spatial correlation coefficient pattern for JJAS rainfall and SST anomaly (for 

Nino3.4 region) over Indian and adjoining oceans for the period 1979 – 2013. The regions 

bounded by r > |0.35| are significant at p < 0.05. The black and green boxes are the CI and NEI 

study regions for rainfall pattern variability. Star symbols represent speleothem samples 

records (red: Jhumar cave; blue: Shikar cave) used in the present study. 

5.3. isoGSM model derived rainfall variation 

The spatial distribution of isoGSM derived rainfall over the Indian subcontinent 

reproduces the observed variability with some limitations (Midhun and Ramesh, 2016). 

However, similar negative rainfall variabilities with ENSO episodes were observed in 

the model simulations over CI, but the model was unable to reproduce the stronger 

rainfall events over the NEI. The GPCP and IMD derived rainfall amount showed a 

strong negative (positive) correlation over the CI (NEI) region with ENSO events with 

r = -0.57 (0.65) [n = 14; for GPCP] and 0.51 (0.73) [n = 12; for IMD merged data] at p 

< 0.05 respectively (Figure 5.4; n = number of identified El-Niño events during 1960-

2013). Here I considered the El-Niño events with SST anomaly > 0.5 ºC over the 

Nino3.4 region, where this threshold temperature anomaly represents moderate to 

strong events (Araghinejad and Meidani, 2013; Iizumi et al., 2014; Kiem and Franks, 

2001). However, the isoGSM model derived rainfall showed a weak correlation over 

CI (r = 0.01) and NEI (r = 0.15) by considering all the El-Niño events from 1979 – 

2009 (total identified number of El-Niño years: n =11). This weak correlation over CI 
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was improved by excluding the 1997/98 El-Niño event to r = -0.56; p < 0.05 (n = 10; 

Figure 5.4). The correlation did not improve over the NEI by removing this 1997/98 

El-Niño event.  

 

Figure 5.4: Scatter plots of El-Niño events with SST anomaly (> 0.5oC) over Nino3.4 region 

and corresponding rainfall amount over CIN (upper row: red color) and NEI (lower row: blue 

color) for different datasets (IMD: dots; GPCP: squares and isoGSM model: triangle). 

5.4. ISM variation over CI during 1965 – 2013 

The rainfall variation over CI was studied for the last ~50 years (1965 – 2013). Earlier 

studies have shown that the ISM declined during 1901-2012 due to the warming of the 

western tropical Indian Ocean (Roxy et al., 2015). On the contrary, Jin and Wang 

(2017) have shown that ISM strengthened from 2002-2013/14, which was inferred as 

the restoration of land-sea temperature gradient improvement. The time series analysis 

of mean JJAS rainfall (ISM) for CI along with El-Niño variation was re-analyzed 

(black box, Figure 5.3). A significant correlation was observed between the rainfall 

(IMD merged and GPCP derived) and Nino3.4. The trends remained insignificant for 

both CI and NEI regions for the entire rainfall data together for 1965-2013 (~50 years). 

In the recent decade (during 2002-2013), the variability of rainfall variation over CI 
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(NEI) has shown a strengthening signature (weakening), which was concurred with the 

decrease in the El-Niño strength with r = -0.59 (p < 0.05; Figure 5.5a, b). It infers that 

the variability in the El-Niño strength caused the revival of ISM over CI during 2002-

2013. Other strengthening events of ISM rainfall were observed and concurred with 

the weakening of El-Niño strength during 1965-1975 (Figure 5.5A; r = -0.69 at p < 

0.05). During 1976-1997, relatively weaker but significant (r = -0.25) decreasing trend 

of ISM was observed even with co-occurrence of strongest El-Niño events. This 

weaker decreasing ISM trend is inferred to the high number of the strong El-Niño and 

the La-Niña episodes associated with 1976-1997, which might have suppressed the 

overall inverse trend with strong ENSO events (Figure 5.5a). Similar results were 

observed for the NEI for the period 2002 – 2013 (significantly weaker monsoon; r = 

0.59; p < 0.05), but insignificant trends were observed during 1965 – 1997 (Figure 

5.5b). The observed improvement in the land-sea temperature gradient was inferred to 

the global warming hiatus (Jin and Wang, 2017), i.e., slow down or pause in the 

increase of global mean temperature (GMT). However, Hu and Fedorov (2017) have 

shown that global warming hiatus was rather related to the declining of El-Niño 

strength (Medhaug et al., 2017; Su et al., 2017). Revisiting the time series analysis of 

GMT and Nino3.4 index for the last ~50 years (1965-2013) showed that the short-time 

pauses in GMT (global warming hiatus) were repeated several times in the past and 

were associated with the weakening trends in the SST anomaly over the CP (Nino3.4 

region; Figure 5.6). During 1960 – 1975, another global warming hiatus like the 

situation was observed and associated with the weakening of ENSO strength and 

increased ISM (Figure 5.6; Figure 5.5a). This analysis further reconfirms that global 

warming hiatus is a temporary pause and linked with the long term pause or weakening 

of ENSO strength. This concludes that the long term strengthening or weakening of 

ISM trends are controlled by the variation in land-sea temperature gradients along with 

the long term changes in the ENSO strength, which again controls the GMT fluctuation 

rates. 
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Figure 5.5a: Time series analysis of JJAS average rainfall variation over CI for the last ~50 

years (1965 – 2013) using IMD merged (green), and GPCP (red) data are overlapping with the 

Nino3.4 index (JJAS average; black and five years moving average; orange). The vertical 

dotted lines represent three periods of strong (green) and weaker (pink) monsoon (explained in 

the text), and corresponding correlation coefficients are shown within the plot, * represents the 

significant at p < 0.05, values within brackets represent the number of years. 

 

Figure 5.5b: Time series analysis of JJAS average rainfall variation over NEI for the last ~50 

yrs (1965-2013) using IMD (cyan) and GPCP (red) data overlapping with the Nino3.4 index 

(JJAS average; black colored and orange: five years running moving average). The trends are 

the significance level at p<0.05 for 2002-2013. The correlation between the Nino3.4 index and 

rainfall (GPCP data) in the plot for 2002-2013 (green; the number of years in the bracket). 
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Figure 5.6: Time series analysis of Global Mean Temperature (GMT) annual (red-colored) 

and 5 years moving average (blue colored) a) average Nino3.4 SST anomaly (annual: black; 

green: 5 years moving average), b) average Nino3.4 SST anomaly (JJAS average: black; green: 

5years moving average). 

5.5. The isoGSM model derived δ18Orain variation 

The spatial patterns of δ18Orain during El-Niño events can help for a better 

understanding of present and past (proxy-based) rainfall conditions over the Indian 

subcontinent during these global events. The spatial distribution of isotope-enabled 

GCM simulations (isoGSM model) derived δ18Orain during moderate to intense El-Niño 

periods were associated with higher values of δ18Orain over the CI (a decrease in the 

rainfall conditions; Figure 5.7). The positive IOD events are associated with relatively 

higher rainfall over the Indian subcontinent (Gadgil, 2003; Kripalani and Kumar, 2004; 

P. Kumar et al., 2007) and were observed to be linked with lower δ18Orain. However, 

when both strong El-Niño and positive IOD like conditions co-occur, isoGSM model 

simulations of δ18Orain spatial patterns were unable to distinguish these effects 
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remarkably (Figure 5.7; 1997, a strong El-Niño and positive IOD period linked with 

above-normal rainfall over Indian subcontinent). These analyses showed that the 

isoGSM model could identify the effects of ENSO and IOD phenomenon on δ18Orain, 

based on their strength and time of occurrence.  

 

Figure 5.7: The spatial distribution of the JJAS δ18Orain (‰) from the isoGSM model over the 

Indian subcontinent during different strengths of El-Niño years a) 1984, b) 1997 (strong El-

Niño and positive IOD events occurred concurrently), c) 2002, d) 1979 to 2009 average. 

Positive values represent low rainfall, and negative values represent high rainfall regions. 

The scatter plots for the δ18Orain (isoGSM derived), and ENSO episodes (when SST 

anomaly > +0.5 ºC) showed a significant strong positive correlation and associated 

with higher δ18Orain values over CI (r = 0.48; p < 0.05; Figure 5.8a). This positive 

correlation infers that the rainfall was weaker over the CI, causing δ18Orain values to 
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increase due to amount effect (evaporation; Rozanski et al. 1993; Gat 1996; Clark and 

Fritz 2013). However, both the spatial and scatter plots for δ18Orain (isoGSM derived) 

were unable to reproduce stronger/above-normal rainfall conditions over the NEI 

during the same El-Niño (Figure 5.7; Figure 5.8b). 

 

Figure 5.8: Scatter plot for El-Niño events with SST anomaly (> 0.5oC) over the Nino3.4 

region and corresponding δ18Orain (isoGSM model-derived) over a) CI and b) NEI during 1979-

2009. 

The spatial correlation of δ18Orain (isoGSM derived) of CI with global rainfall (isoGSM 

and GPCP derived) showed significant positive correlations (r ≥ 0.3; p < 0.05) over the 

CP region (Nino3.4; Figure 5.9a, b). These relations might improve by removing the 

effect of IOD and Pacific Decadal Oscillation on δ18Orain. These spatial correlation 

patterns again reconfirm the negative El-Niño effect on rainfall distribution over the 

Indian subcontinent. The positive correlation of δ18Orain of CI with rainfall over CP 

(represent El-Niño condition) infers that as rainfall over CP increasing, the δ18Orain of 

CI values increases, which represents the weaker rainfall conditions (Figure 5.9a, b). 

The rainfall (isoGSM and GPCP derived) over the NEI was positively related to the 

δ18Orain of CI, which indirectly represents the stronger NEI rainfall conditions during 

weaker and stronger rainfall over CI and CP respectively (Figure 5.9a, b). Similarly, a 

positive correlation between the δ18Orain of CI and global SST data was observed over 
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CP, represent increasing δ18Orain of CI values are associated with higher SST anomaly 

over CP (El-Niño events; Figure 5.9c).  

 

Figure 5.9: Spatial correlation coefficient patterns for δ18Orain of CI (isoGSM derived) with a) 

GPCP derived rainfall b) isoGSM derived rainfall c) SST anomaly during the period 1979 – 

2009. The black box represents the Nino3.4 region and green box Nino3 region.  

5.6. Observations in the paleoclimate data 

Previous speleothem proxy-based studies have discussed the variation of rainfall in 

different climatic conditions. Most of these deposits recorded the major short term 

global climatic events (its effect on Indian monsoon) such as Heinrich events (weaker 

monsoon), Younger Dryas (weaker monsoon), BØlling AllerØd (stronger monsoon) 

events (Band et al., 2018; Fleitmann et al., 2003; Gautam et al., 2019; Sinha et al., 
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2011a; Tiwari et al., 2011; Yadava and Ramesh, 2005). The δ18O variation of cave 

deposits reflects the variation in the rainfall amount over the cave location 

(Berkelhammer et al., 2010; Sinha et al., 2007; Yadava and Ramesh, 2005). We have 

reanalyzed the δ18O variation of Jhumar and Shikar cave speleothems records from the 

CI and NEI respectively for the last ~50 years (1960-2008) and corresponding ENSO 

variability. Both these two cave speleothem records analysis show that the CI (NEI) 

cave record positively (negatively) correlated with the El-Niño events. It infers that 

when the SST anomaly over Nino3.4 increases, the δ18O record of Jhumar cave deposit 

shows an increase in the δ18O values, which infers the decreasing rainfall conditions 

over CI. Significant trends were observed in both cave deposits, with an overall strong 

decreasing ISM strength was observed during 1960-1988, and intense, increasing ISM 

strength for the periods 1988-2008 over CI region (Figure 5.10a; dark pink dashed trend 

lines). Similarly, an increasing and decreasing summer monsoon rainfall were observed 

over the NEI for the same period, respectively (Figure 5.10b). The increasing rainfall 

(a depleting δ18O trend) during the 2002 – 2008 in the Jhumar cave record (CI) and a 

decreasing trend in the Shikar cave record (NEI) were observed. This dipole nature 

rainfall variability over CI and NEI during 2002-2008 (even only six years record 

available) reproduces the inferences based on instrumental data (Figure 5.5a). 

In addition to these intervals, the high-resolution speleothem records of CI and NEI 

showed the decadal variations of low rainfall (pink; negative correlation trend) and the 

high rainfall (cyan; positive correlation trend) episodes (Figure5.10: vertical dotted line 

regions). During 1962 – 1975 & 1988 – 2013, stronger (weaker) and 1975 – 1988 

weaker (stronger) monsoon conditions over the CI (NEI) were observed (Figure 5.10a, 

marked with vertical dotted lines). All these short-time changes (decadal events) in the 

monsoon strengthening trends are significant at p < 0.05 and marked with cyan (strong) 

and pink (weak) rainfall conditions (Figure 5.10). These short-term changes in 

monsoon strength were also observed in the instrumental data (Figure 5.5A). It 

reconfirms that the signatures of the negative (positive) relation of rainfall with ENSO 

over CI (NEI) and such signals are adeptly recorded by these high-resolution cave 
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deposits. The strongest El-Niño 1997/98 period was associated with the above-normal 

rainfall over the Indian subcontinent, which is associated with relatively lower δ18O 

(strong rainfall) in these cave records.  

 

Figure 5.10: Time series analysis of Nino3.4 SST anomaly (black) and δ18O of speleothem 

cave deposit records from a) CI-Jhumar cave deposit record (red) b) NEI-Shikar cave deposit 

record (blue); grey and dark pink dashed line shows the trends in Nino3.4 index and δ18O 

variations (significant at p<0.05) for the last ~50 years data. The vertical dotted lines represent 

three periods of strong (cyan) and weaker (pink) monsoon (explained in the text) over the CI 

and NEI cave records, and all correlations are significant at p < 0.05. 

Based on these new calibrations of instrumental and proxy data for last ~ 50 years, we 

showed that the observed decreasing (increasing) δ18Ocalcite of Jhumar (Shikar) cave 

record during 1625 – 1715 might represent the long term pause in the El-Niño events 

or stronger La-Niña like condition were continued and lead to causing stronger 

(weaker) rainfall over the CI (NEI; Figure 5.11b, c). However, further analysis is highly 
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recommended for the confirmation of long term pause in El-Niño (or stronger La-Niña) 

events during 1625-1715. 

 
Figure 5.11: a) Cave location from CIN (filled star; red) and NEI (filled star; blue), b) δ18O 

variation of speleothem sample from CIN Jhumar Cave, c) δ18O variation record of speleothem 

sample from NEI-Wah Shikar Cave. Grey and blue shaded regions show the long-term stronger 

and weaker monsoon periods, respectively. 

5.7. Conclusion 

The spatiotemporal patterns of rainfall over India and the adjoining Indian Ocean 

regions at monthly to seasonal time scales in response to the ENSO were studied. A 

variable spatial-correlation between rainfall over India and SST anomaly over the 

Nino3.4 region is observed at monthly time scales. A strong negative and positive 

correlation over CI and NEI, respectively, with moderate to strong El-Niño events, 

were observed during the summer monsoon (JJAS). Our results suggest that the strong 

El-Niño events cause relatively weaker summer monsoon rainfall over CI and 

significantly stronger/above normal rainfall over the NEI during the same event. 

δ18Orain (model-derived) over CI and corresponding moderate to strong El-Niño events 

showed a positive correlation, which mimics the observations. These analyses infer that 
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the long term trends in the ISM strength are controlled by the long term variation of 

ENSO strength. The paleoclimate proxy records from the CI and NEI cave deposits 

showed similar patterns in response to moderate to intense El-Niño periods from 1965 

– 2010. Both observational and proxy records showed short term decadal variation in 

the ISM concurred with El-Niño. High-resolution speleothem records from CI an NEI 

showed an absence of long term El-Niño or stronger La-Niña like conditions during 

1625 – 1715, which were associated with stronger (weaker) rainfall over CI (NEI). 
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Chapter-6 

 

 

 

This thesis work attempted to understand the dynamics of modern seawater stable 

isotopic composition (δ18O, δD) and its controlling processes. Based on modern 

seawater calibration, stable isotopic compositions of the northern Indian Ocean, upper 

ocean dynamics, and monsoon variations during last ~70 ka were studied. In addition 

to the monsoon reconstruction based on deep-sea sediment cores, Indian monsoon 

variability in response to the coupled ocean-atmospheric processes were studied. The 

major findings are summarized below: 

6.1. Dynamics of δ18O and δD in the Northern Indian Ocean 

6.1.1. Surface seawater samples 

 New data set on δ18O, δD, and Salinity (S) of surface water samples from the 

northern Indian Ocean showed significant variations in their relationship.  

 Variable δ18O‒S relation for the surface water samples over the Bay of Bengal 

(BoB) were observed; with a higher slope and lower intercept during winter 

than those during summer monsoon period. However, no significant δ18O-S 
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relation for surface water samples during pre-monsoon was observed over the 

Arabian Sea (AS). 

 A strong influence of winter monsoon and the West India coastal currents that 

transports the monsoon runoff from the BoB to the AS during winter, on the 

seawater δ18O-S relation over the eastern and northern equatorial AS was 

observed.   

 The δ18O‒δD relation showed seasonal variations due to the influence of the 

Himalayan and Peninsular river systems on it.  

 d-excess‒S relation along with corresponding δ18O values inferred that   67% 

of total water samples with S < 33.5 and ~73% of total water samples with S > 

33.5 were influenced by the continental runoff and open ocean water mixing, 

respectively.  

 δ18O‒δD and d-excess‒δ18O relations in the BoB surface water samples infers 

that the kinetic fractionation dominated more during winter than in spring.  

 Lower salinity (< 32.5) and associated lower δ18O of surface water samples 

shows the freshwater influx from the BoB water and Myanmar rivers in the 

Andaman Sea. 

 Pre-monsoon surface water samples over the AS were associated with higher 

δ18O, δD, and S values except for the southern AS samples, which might be 

remnant of the transported BoB water during preceding winter. 

6.1.2. Subsurface seawater samples:  

 Subsurface δ18O composition off the Andaman Islands suggests a gradual 

enrichment in the δ18O values with depth during spring-2016. δ18O‒S relation 

in the upper layer (0-50 m) waters in the Andaman Sea was similar to BoB 

surface waters. 

 Significant variation in the δ18O‒S relation for deep waters (200-500 m depth) 

in the Andaman Sea was observed. The preliminary analysis shows statistically 

different δ18O‒S relation in deeper water (50-200 m) than for shallow water (0-

50 m) could be a characteristic of water mass dynamics. 
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 Significant variation in the δ18O, δD, S, and temperature was observed at the 

surface to the deeper (~ 1000 m depth) ocean in the AS during April-2017. 

 Significant variation in the thermocline depth was observed with deeper in the 

southern AS and shallower in the northern AS. 

 Our sub-divisional analysis of water column in three zones (based on the 

observed water masses at different water depths) over the AS shows different 

δ18O-S relation: with stronger positive relation for Zone-I (0-250 m) and Zone-

II (250-650 m) and weaker negative relation for Zone-III (~1000 m). 

6.2. Paleoceanography of Indian Ocean and Monsoon reconstruction 

6.2.2. The Arabian Sea sediment cores: 

 A compilation of recent high resolution foraminiferal δ18O data from 22 

sediment cores from the Eastern Arabian Sea appears to dispel the idea that the 

south Asian Summer monsoon has steadily declined during the Holocene.  

 Based on the last ~ 45 ka record of δ18O of planktonic foraminifera (G. ruber) 

from the southern AS, four intense active monsoon periods were observed with 

lower δ18O values. However, another active monsoon was seen during ~ 42 – 

41 ka.  

 Three weaker monsoon periods were observed with higher δ18O values ~ 0.7 

‰. Similar active and weaker monsoon periods were reproduced by the deep-

dwelling planktonic species G. menardii.  

 Significant variation in the δ18O values of G. ruber in response to abrupt short 

term climate events were observed: with warm Dansgaard-Oeschger events 

associated with the relatively stronger monsoon and cold Heinrich Events 

associated with the weaker monsoon.  

 Based on the benthic δ18O variability, two extreme colder events and two 

warmer events were observed for the last ~ 45-18 ka. These cold and warm 

periods were associated with the weaker and stronger monsoon over the Indian 

subcontinent (a reduced runoff condition; G. ruber δ18O data).  
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 The δ13C of benthic foraminifera varied opposite to the δ18O variation and 

associated with depleting trend during the warm periods and enrichment trend 

during the cold periods.  

 Two extreme higher δ13C value events were observed in benthic foraminifera 

during ~29 to 27 ka and ~ 42- 41 ka. Extreme lower values were observed 

during ~36-30 ka, and higher during ~49 ka; however, during these periods, 

significant changes in the δ18O were not found. 

 

6.2.2. The Bay of Bengal sediment core: 

 Significant variation in the δ15N, δ13Corg, and N & Corg (wt %) of the bulk 

sediment samples of a deep-sea sediment core from the western BoB for last ~ 

16 ka were observed.  

 δ15N, δ13Corg, and N & Corg (wt %) variability show that for the last ~ 16 ka, 

productivity over the western BoB varied significantly.  

 Sediment core data shows that during the early to late deglacial period, δ13Corg 

was less than -20 ‰, which shows that C4 plants contributed significantly.  

 Relatively higher productivity conditions during deglacial than during 

Holocene (increasing Corg and δ15N trends) is observed due to variation in the 

upper ocean stratification.  

 The overall variation of bulk sediment δ13Corg and C/N ratios from the BoB 

shows a mixed influence of terrestrial and marine input during the deglacial to 

late Holocene (~ 16 ka to present). 

6.2.3. The Andaman Sea sediment core: 

 Based on the records of δ18O variations in the three different planktonic 

foraminiferal species, an abrupt decrease in the ISM during the mid-Holocene 

(7-4.5 ka) was observed. 

 During MIS-3, summer monsoon was relatively weaker than MIS-1 and 

stronger than MIS-2.  
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 Based on the δ18O difference between the shallow dwelling and deep-dwelling 

species, distinct weaker and stronger freshwater induced upper ocean 

stratification events were observed.  

 Stable stratification was observed during the early Holocene, mid-MIS-3, and 

at ~62 ka, due to an increased freshwater influx from Irrawaddy, Salween river 

systems, and direct precipitation over the Andaman Sea whereas weak 

stratification was observed during the LGM and late MIS-3.  

 Freshwater induced stratification was stronger during the early to mid-MIS-3 

than that during LGM, but weaker than that during early Holocene.  

 Weaker monsoon conditions were observed during the Heinrich events 

associated with weaker stratification.  

 Compilation of different sediment cores from BoB and the Andaman Sea shows 

that during early Holocene, the δ18O of surface seawater in the Andaman Sea 

was depleted than that from southern BoB but enriched from northern and 

western BoB core records. 

6.3. Indian Monsoon Variability in response to the coupled processes 

 Significant variation in the spatiotemporal patterns of rainfall in response to the 

ENSO was observed over India and the adjoining Indian Ocean regions at 

monthly to seasonal time scales.  

 A variable spatial-correlation between rainfall over India and SST anomaly 

over the Niño3.4 region (ENSO) is observed at monthly time scales. A strong 

negative and positive correlation over CI and NEI, respectively, with El-Niño 

events during the summer monsoon (JJAS), is observed.  

 Our results suggest that the strong El-Niño events cause relatively weaker 

summer monsoon rainfall over CI and significantly stronger/above normal 

rainfall over the NEI during the same event.  

 Isotope enabled model-derived δ18O of rain over CI is positively correlated with 

moderate to strong El-Niño events.  

 The spatial and temporal analysis of instrumental and GCM model derived 

rainfall (and associated δ18O) analyses infer that the long term trends in the 
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Indian summer monsoon strength are controlled by the long term variation of 

ENSO strengths.  

 Paleoclimate proxy records (cave deposits) from the CI and NEI showed similar 

patterns in response to moderate to intense El-Niño events during the last ~ 50 

years data (1965 – 2010).  

 High-resolution speleothem records are able to show the ENSO induced 

changes in the rainfall over CI and NEI. 

 Both instrumental and paleoclimate proxy records showed a decadal variability 

in the ISM concurred with variation in the El-Niño strengths.  

 High-resolution speleothem records from CI an NEI showed an absence of long 

term El-Niño or stronger La-Niña like conditions during 1625 – 1715 AD, 

which were associated with stronger (weaker) rainfall conditions over CI (NEI). 

6.4. Scope for Future Work: 

The major part of this thesis work has been able to address the broad objectives decided 

during inception; however, following new questions and issues were envisaged during 

the progress of this thesis work which seems to have very good potential for future 

research:   

1.  Variation in the δ18O of rainfall in response to ENSO was studied over the 

Indian subcontinent. However, our analysis shows a weaker but significant 

variation over western India and the southern Indian peninsula. This needs to 

be studied in detail. 

2. Variation in the δ18O of rainfall in response to the Indian Ocean Dipole, Pacific 

Decadal Oscillation, and other global short and long term processes are needed 

for a better understanding of monsoon variability and paleoclimate 

reconstruction. 

3. δ15N and δ13Corg in bulk material of the BoB sediment core show significant 

variation in the past-productivity. However, it is still under-represented, and 
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hence more sediment core should be studied for paleoproductivity, possibly 

including some other trace elements as well, apart from the stable isotopes.  

4. Seasonal variations in the vertical depth profile of δ18O‒S relation need a better 

understanding of identifying characteristics of water masses in the Arabian Sea. 

5. Stable isotopic (δ18O, δD) compositions of surface and sub-surface seawater 

samples over the BoB during pre and post-cyclone for better estimation of their 

influences. 

6. A large number of spatially well-distributed surface seawater sampling from 

the Andaman Sea is required. This is for identifying spatial and seasonal 

variations in the δ18O, δD compositions, and characterizing the δ18O‒S 

relationship and controlling processes. 

7. Vertical water sampling (high-resolution depth specific water sampling) and 

their δ18O, δD compositions from the Andaman Sea seem to be necessary for 

understanding mixing of different water masses and their dynamics. 

8. With the advancement of new techniques (laser-based mass analyser) in high- 

resolution (~minutes) measurement of isotopic composition of the ambient 

atmospheric moisture, influence of various atmospheric processes (short to long 

time scale) may be studied; at terrestrial sites, a long-term such studies can 

highlight ENSO effects on the atmospheric hydro-dynamics.   
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